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SUMMARY 
We have developed a technique for the inversion of teleseismic S-waveforms in 
terms of azimuthal anisotropy in the upper mantle. We test different models of the 
Earth upper mantle by transforming the observed horizontal components into a 
synthetic vertical component and comparing this with the observed vertical 
component. The optimum model is found by minimizing the difference between the 
synthetic vertical component and the observed one. Using this method, we explore 
the possibility of constraining the distribution of azimuthal anisotropy with depth. 

We present examples of seismic observations where the data are clearly in favour 
of an anisotropic model. These observations can be interpreted in terms of two 
anisotropic layers with different directions of fast velocity axes. 
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1 INTRODUCTION 

Recent studies of SKS polarization indicate the presence of 
azimuthal anisotropy in the continental upper mantle (e.g. 
Kind et al. 1985; Silver & Chan 1988; Vinnik, Farra & 
Romanowicz 1989). Unfortunately the observations of SKS 
provide little information on the distribution of anisotropy 
with depth, which is of crucial importance for understanding 
the origins of this phenomenon. Some attempts to solve this 
problem were previously described in the literature. Seismic 
refraction observations on profiles crossing the same area in 
several directions may provide data on the magnitude of the 
P-wave anisotropy, the azimuth of the axis of fast velocity 
and the depth interval where the effect is observed. These 
techniques were applied with some success in the oceans 
(e.g. Hess 1964; Shimamura 1984; Shearer & Orcutt 1985, 
1986) and on land (e.g. Bamford 1977). Unfortunately, 
experiments of this kind are prohibitively expensive if the 
depth range corresponding to the continental upper mantle 
is considered. Moreover, sometimes these expensive 
observations do  not allow us to distinguish between 
azimuthal anisotropy and lateral heterogeneity in an 
isotropic medium. A limited lateral resolution is another 
drawback of these techniques. The other well-known 
approach is based on the observations of long-period surface 
waves (e.g. Forsyth 1975; Tanimoto & Anderson 1985; 
Montagner & Nataf 1986; Montagner & Tanimoto 1990). 
This method is very powerful when applied on a global scale 
but its lateral resolution is not sufficient for regional studies. 

In this paper, we explore a possibility to constrain the 
distribution of azimuthal anisotropy with depth by the 
analysis of particle motion of teleseismic S-waves. The idea 
is that a discontinuity in the anisotropic elastic parameters 
should give rise to an S-to-P converted phase. The 
properties of this phase are completely different from those 
in an isotropic medium. Thus, the study is closely related to 
the subject of P precursors to teleseismic S which has 
attracted some attention in the literature (e.g. Bath & 
Stefansson 1966; Jordan & Frazer 1975; Sacks, Snoke & 
Husebye 1979; Faber & Miiller 1980; Baumgardt & 
Alexander 1984). To our knowledge, however, the 
observations of such precursors were never interpreted in 
terms of anisotropy. The structure of the paper is as follows. 
In Section 2 we discuss the techniques of analysis and 
inversion of observations. In Sections 3, 4 and 5, examples 
of applications of these techniques to real data are 
presented. In Section 5 we discuss our findings. 

2 METHOD OF INVERSION 

The method of inversion is based on the use of the 
Thomson-Haskell matrix method for computing theoretical 
seismograms of body waves in anisotropic media. The 
computer program is described in Kosarev et al. (1979). The 
model medium consists of a stack of plane layers with 
arbitrary elastic parameters. The incoming plane wave of SV 
or SH type arrives from the isotropic half-space underneath 
the layered medium. The resulting wavefield is recorded at 

421 



422 V.  Farra et al. 

the free surface. In Fig. 1 we present examples of theoretical 
seismograms calculated with our program. We used a model 
where an anisotropic layer in the upper mantle was placed 
between the isotropic crust and isotropic mantle. The 
anisotropic layer is hexagonally anisotropic with a horizontal 
axis of symmetry. The parameters of the model are given in 
Table 1. In the synthetics, the primary SV- and SH-waves 
split into two quasi-shear waves that present a time delay 
which is almost independent of the azimuth. The form of the 
radial motion in S associated with the SV or SH excitation is 
very close to that in the vertical component. The effect of 
discontinuities could be demonstrated by calculating the 
principal direction of the particle motion in the vertical 
plane and projecting the record on the axis SV 
corresponding to this direction and the orthogonal axis P. 
The P component is formed by the S-to-P converted phases 
at the two discontinuities and a few multiple reflections. Let 
us remark that the strongest P precursor in Fig. 1 
corresponds to the crust-mantle discontinuity. The con- 
verted phases depend on the azimuth; the variability is 
especially strong for the SH excitation. This variability is a 
distinctive feature of an anisotropic medium: in an isotropic 
(and laterally homogeneous) medium the converted phase is 
independent of the azimuth and is coupled only with SV. 

Our strategy of inversion of the observation is as follows. 
From the observed horizontal components of S and a given 

1 8 0 .  

lSO.+  

l Z O . d + -  

9 0 .  

6 0 .  + 
3 0 .  & 

0 ZU 40 60 - 
z 

S H  z 
0 20 4 0  60 

R 

0 2 0  I 0  6 C  - 
T 

a 20 40 60 

T 

Figure 1. Example of theoretical seismograms obtained on the free 
surface for incident SH- (top) and SV-waves (bottom). The medium 
consists of an anisotropic layer placed between the isotropic crust 
and the isotropic mantle (Table 1). The ray parameter is 
12 s degree-'. Numbers on the left indicate the angle between the 
axis of symmetry of the anisotropic layer and the horizontal 
projection of the wave propagation direction. Time marks indicate 
second. 

Table 1. Model used for simulating S p  conversion. 
Layer I: Isotropic crust 

Thickness V, V, p 

(km) (km/s) (km/s) (g/cmf) 
30. 6.20 3.60 2.80 

Layer 2 Elastic constants (x 1010 N m-2) for the anisotropic layer 

Thickness A C L N F p 

(km) (g/cmJ) 
90. 19.621 23.741 7.151 6.486 5.479 3.38 

Layer 3: isotropic half space 

VP ", P 

(km/s) (km/s) (g/cma) 
8.00 4.49 3.38 

model of the medium we calculate the theoretical vertical 
component or, sometimes, the P component. We then 
compare the vertical or P components of the observed and 
calculated records. We assume a number of models; the 
optimum model minimizes the difference between the 
observed and calculated components. The method of 
calculation of the synthetic vertical component is as follows. 
We denote by SV, and SH, the S V  and SH amplitudes of the 
incoming S-wave. We assume that no other type of wave is 
arriving at the same time under the stack of layers. The 
components of motion recorded at the free surface can be 
expressed in the frequency domain as 

where R ( w ) ,  T ( w )  and Z ( w )  are the spectra of the 
recorded radial, transverse and vertical components, 
respectively. The matrix F( w )  contains the transfer functions 
which are obtained by the Thomson-Haskell method. This 
matrix can be written explicitly as 

From the first two equations of the system (l), we can 
obtain SV, and SH,, as a function of observed R and T :  

(3) 
-Tsv (o )  R s v ( o )  

This solution is used in the third equation of system (1) in 
order to obtain the theoretical vertical component denoted 
Z*(w) :  

Z * (w)  = zsv(w)SVn(w) + ZsH(w)SHn(w). (4) 
In the time domain, Z * ( t )  is obtained by inverse Fourier 
transformation. 

Similar equations for the P component can be written by 
replacing in equations (1) to (4) the radial and vertical 
components by the so-called SV and P components. 
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We define the penalty function that we want to minimize 
as 

[ Z ( t )  - Z*( t ,  

[R’(t) + T2( t )  + Z’(t)] dt N events 

where m represents the parameters defining the model and 
N is the number of events. The normalization by the energy 
of the seismogram in the same time interval guarantees 
against bias due to the strongest events. The function is 
calculated for different models in a search for one which 
minimizes E(m). 

We limited our study to models with hexagonal symmetry 
and a horizontal axis of symmetry. Such models seem to 
describe the properties of the upper mantle rocks with 
sufficient accuracy (e.g. Estey & Douglas 1986) while they 
are defined by only five elastic parameters and the direction 
of the axis of symmetry. Exact values of the parameters can 
be found for many models of the upper mantle. These 
models, however, are hypothetical and can vary in space. 
We selected the values of the parameters as follows. The 
isotropic component of the model is defined by the values of 
V,, V, and density p. The anisotropic component is defined 
by the values of dV,, dV, and r] .  For the vertical position of 
the axis of symmetry the parameters V,, V,, dVb, dV, and r]  

are related to the five elastic parameters A, C, F, L and N 
by the following expressions: 

- = ( v p + T )  C dVp t 

P 

A - = ( V , - y ) ,  dV, ’ 
P 

L 
P P 

F =  q(A - 2L). 

To obtain the model with a horizontal axis of symmetry the 
elastic tensor is rotated. 

The isotropic component was obtained from regional P 
and S velocity models known from the literature. For the 
anisotropic component, we usually assumed dV,/V, = 0.10, 
dV,/V, = 0.05, r]  = 1.03. Similar values of dV,/V, and 
dV,/V, are often obtained in seismic experiments. The value 
of q is poorly defined by the seismic experiments; the 
adopted value makes the resulting velocity variations look 
like those in a model composed of 30 per cent of oriented 
olivine crystals and 70 per cent of olivine with random 
orientation. Some of our numerical experiments were 
carried out with the following values of the model 
parameters: dVp/Vp = 0.05, dV,/V, = 0.03, r]  = 1.03. These 
values are also in the range of the reported data and 
correspond to rocks with a smaller proportion of oriented 
anisotropic crystals. 

Table 2. List of events used in this paper. 

Event Date Time Lat. Lon. 

3 INVERSION OF GRAFENBERG D A T A  

Figure 2 shows a record of teleseismic S obtained at a 
subarray of the GRF array. The epicentral parameters of 
the event are given in Table 2. The S-wave is approximately 
polarized as SH (the amplitude of the radial component is 
negligible). A distinct P arrival precedes S in the vertical 
component by a few seconds. This precursor is well 
recorded by all the vertical instruments of the array (Fig. 3). 
The slowness and the direction of propagation of the 
precursor are practically equal to those of S. In a laterally 
homogeneous and isotropic medium the P-wave is coupled 
only with SV; the theoretical amplitude ratio between the 
SV-to-P conversion and the vertical component of SV for 
conversion at the crust/mantle boundary is around 0.2. The 
S velocity contrasts at the other discontinuities in the 
lithosphere are much lower than at the crust-mantle 
boundary; the corresponding conversions should be weaker 
in nearly the same proportion. The precursor in Fig. 2 is 
clearly too strong to be explained by conversion from SV to 
P underneath the station. 

The other possibility which could be considered for 
explaining the precursor is conversion from SH to P at a 
dipping crust-mantle boundary. It can be shown, however, 
that this is unlikely. The strongest coupling between SH and 
P occurs if the strike of the dipping interface is in the 
vertical plane containing the source and the receiver. Then 
the coefficient of transmission from SH to P at the dipping 
interface C,, can be expressed approximately as follows 

40.0 
0.0 TINE ( 5 1  

Figure 2. Example of an S-wave observation for event 1 recorded 
at the subarray A, of the GRF array. The horizontal component 
records have been rotated to radial (R)  and transverse (T). (Z) 
Vertical; (R) radial; (T) transverse. The mark Sp corresponds to 
the maximum displacement in the precursor. 

DeDth Station Distance B.az 
No. hrmins (“) (“1 km (“1 (“1 
1 220480 053414.5 32.10N 137.7E 402 GRF 85.7 43.1 
2 310173 205553.1 28.20N 139.2E 498 NOR 81.7 44.9 
3 16 06 89 10 51 21.5 57.75 N 153.99 W 58 WUS 71.7 26.8 
4 19 05 89 02 21 56.3 54.30 N 165.57 W 104 WUS 69.8 34.3 
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Figure 3. Records obtained at all the vertical component 
instruments of the GRF array for event 1 .  The records are aligned 
(slowness is 8.4 s degree-') and summed (trace sum). The precursor 
to S arrives at 5 h 56 m 5 s. 

and 

cos (i) = cos (f) sin (e) ,  

where Csv is the coefficient of transmission from SV to P 
obtained for the incidence angle i with respect to the 
interface, e is the angle of emergence of SH with respect to 
the horizontal plane and f is the dip of the plane of 
conversion (see Appendix). The observed ratio between the 
primary SH and the vertical component of Sp is close to 
0.08. To explain the amplitude of the precursor by a dipping 
Moho, the value of cos (g) should be close to 0.8. Adopting 
e = 70" and f = lo", 15" and 20" we find that cos (g) is equal 
to 0.46, 0.62 and 0.73, respectively. Thus the smallest 
acceptable values off are around 20" implying that the depth 
of Moho underneath the array which is nearly 100 km long 
should vary in the range of 20km. The real variations, 
however, are by an order of magnitude smaller (Liu & Kind 
1986). It could be shown also that the measured back 
azimuth of the converted phase would differ from that in 
Table 2 by 15". The observed difference, however, is smaller 
by an order of magnitude. Thus the generation of the 
precursor by the dipping interface in the isotropic Earth is 
practically impossible. 

We should also consider a possibility of generating the 
precursor by multiple surface reflections PP.. . , p P P . .  . , 
and s P P P . .  . , or scattering from S to P in the lithosphere 
between the source and the receiver (seismic phase S. P and 
SP.P ,  see Vinnik & Romanowicz 1990). The first possibility 
is unlikely since for the given epicentral parameters only 
s P P . .  . may arrive in the time interval of S. The multiple 
reflections form a sequence of phases following one after the 
other with an interval of 20-35s. As shown in Fig. 3, this 

sequence is not present in the record. This can be explained 
either by the radiation pattern of the source or by the fact 
that the energy of these phases is concentrated in the longer 
period band, due to their very long traveltime in the low-Q 
asthenosphere. The second possibility is unlikely for several 
reasons. Firstly, the slowness of the scattered precursor 
must be by 1 s degree-' lower than that of S; in reality both 
values are practically the same. Secondly, the theoretical 
amplitude ratio between the precursor and S which is 
calculated by using the same method as in Vinnik & 
Romanowicz (1990) is 20 times smaller than the observed 
ratio. Thirdly, the signal is well correlated across the array 
which is unlikely to be the case for a scattered wavefield. 

A remaining possibility is the generation of the precursor 
in a medium with azimuthal anisotropy. A discontinuity in 
the anisotropic parameters gives rise to an SH-to? 
conversion (see Fig. 1). To substantiate this we started from 
a simple model with one homogeneous anisotropic layer 
between the top of the mantle and a depth of 54 km. The 
parameters of the model are given in Table 3. Fig. 4 shows 
the synthetic vertical component Z*( t )  as a function of 
azimuth of the axis of fast velocity. The principal features of 
the synthetics are related to conversion from S to P at the 
discontinuity between the isotropic half-space and the 
anisotropic layer. In general, the agreement between the 
observation and the synthetics is poor, though some 
improvement is obtained for the azimuth of fast velocity 
near 0". Moreover, this direction is in sharp disagreement 
with the direction of 90" which was obtained from the 
observations of SKS (Vinnik et al. 1989). We conclude that 
the simple model of Table 3 is unacceptable. 

To go one step further in the inversion of the data, we 
assumed a more complicated model where the upper mantle 
consists of a thick anisotropic layer with the axis fixed at 90" 
east from north (in agreement with the SKS data) and a 
relatively thin anisotropic layer at the top of the mantle. The 
synthetic vertical components Z * @ )  corresponding to 
different azimuths of the axis of fast velocity in the upper 
layer are shown in Fig. 5. The optimum direction of the axis 
in the upper layer was found by trial and error. The best 
agreement between the synthetics and the observed record 
is obtained for the azimuth between 0" and 20". The 
parameters of the two-layer model are given in Table 3. In 
Fig. 6 we present enlarged records of the observed vertical 
component (A), the synthetic for the optimum azimuth (B) 
and the synthetic corresponding to the isotropic model given 
in Table 3 (C). This isotropic model has a strong shear 
velocity contrast, but the corresponding converted phase is 
very weak. This comparison shows very good agreement 
between the observed and synthetic vertical components for 
the two-layer anisotropic model. In the two-layer model the 
effective direction of the axis which can be found from SKS 
is slightly less than 90". This change could be accounted for 
by a slight change in the direction of axis in the lower 
anisotropic layer. We have studied the influence of the 
direction of axis in the lower anisotropic layer on the value 
of the penalty function. Fig. 7 shows the contours of the 
penalty function E(&, #2) as a function of the azimuths 
and G2 of the axis in the two anisotropic layers. The 
minimum corresponds to @l=OO and 42=900, which 
corresponds to the two-layer model described in Table 3. 

Let us discuss the influence of other parameters. The 
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Table 3. Models used for simulating Sp conversion at GRF. 

One layer modef 
Layer Thickness 

1 27 
(km) 

2 27 
3 W 

Two layer model 
Layer Thickness 

1 27 
(km) 

2 27 
3 166 
4 00 

Isotropic model 
Later Thickness 

(km) 
1 27 

2 27 
3 00 

VP 
(km sC1) 
5.80 
7.90 
8.00 
8.00 

VP 
(km sC1) 

5.80 
7.90 
8.00 
8.00 
8.56 

VP 
(km s-') 

5.80 
7.90 
8.00 
7.00 

VS 
(km s-') 
3.20 
4.39 
4.49 
4.49 

VS 
(km sC1) 

3.20 
4.39 
4.49 
4.49 
4.54 

v .  
(km s-') 

3.20 
4.39 
4.49 
4.00 

2.60 
3.31 
3.38 
3.38 

P 
(g cm3) 
2.60 
3.31 
3.38 
3.38 
3.44 

P 
(g cm') 
2.60 
3.31 
3.38 
3.00 
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Figure 4. Synthetic vertical components at GRF for the one layer 
anisotropic model given in Table 3 as a function of azimuth of the 
axis of fast velocity. Observed vertical component is also shown (Z 
trace). Ray parameter used in the calculation is 8.5 s degree-'. 
Numbers on the left indicate the azimuth of fast axis. 

depth of the interface between the two anisotropic layers is 
well constrained: it is determined by the time difference 
between the precursor and the S-wave. The amplitude of 
the precursor is related to the anisotropic parameters of the 
two anisotropic layers by the transmission coefficient of S to 
P at the interface. However, numerical experiments show 
that the data is neither sensitive to the parameter 11 nor to 
the thickness of the lower anisotropic layer. 

Propagation in anisotropic models causes coupling 
between SV and SH components. Fig. 8 shows the SV, and 

0.00 
0.00 
0.05 
0.00 

dVplVp 

0.00 
0.00 
0.10 
0.05 
0.00 

0.00 1 .OO 
0.00 1 .OO 
0.03 1.03 
0.00 1 .OO 

0.00 1.00 
0.00 1.00 
0.05 1.03 
0.03 1.03 
0.00 1.00 

4J 

4J,=v 

4J 

Cp' =O" 
4Jz=w 

Figure 5. Synthetical vertical components at GRF for the two-layer 
anisotropic model shown in Table 3 as a function of azimuth 4, of 
the axis of fast velocity in the first layer. The azimuth 4J2 of fast 
velocity in the lower layer is fixed at 4Jz=90". Observed vertical 
component is also shown (Z trace). Numbers on the left indicate the 
azimuth of fast axis 4'. 

SH, time series corresponding to the two layer model with 
the optimum parameters (Table 3). They were obtained by 
using equation (3). One can see that energy is present on 
the incident SV component and that the ratio SHISV 
obtained at the bottom of the model is quite different from 
the observed T / R  ratio of the S-wave. This phenomenon is 
a consequence of shear wave splitting which causes 
destructive interference of the SV component. 



426 V.  Farra et al. 
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Figure 6. Comparison of observed and synthetics obtained at 
station GRF. (A) Observed vertical component. (B) Synthetic 
vertical component obtained for the two-layer anisotropic model 
given in Table 3. (C) Synthetic Z component for the isotropic model 
given in Table 3. Vertical bars indicate the time window used in the 
penalty function calculation. 

P h L 2  
0.  160. 

Figure 7. Plot of contours of residuals versus angles 
station GRF obtained using event 1. 
the axis of fast velocity in the two anisotropic layers. 

and $2 at 
and $2 are the azimuths of 

0.0 T I  M E  [ 5 1 4 0 . 0  

Figure 8. SV, and SH, time series obtained for event 1 using the 
two-layer model given in Table 3. 

4 INVERSION OF N O R S A R  DATA 

At NORSAR, precursors to teleseismic S were reported by 
Sacks et al. (1979). The authors argued that this precursor is 
a converted phase rather than a multiple surface reflection. 
They presented evidence showing that the arrival of the 
precursor is associated with a sharp increase in observed 
slowness, whereas, before the precursor offset, the slowness 
is low, corresponding to multiples. In our view, the most 
convincing evidence presented by Sacks et al. (1979) in 
favour of the hypothesis of conversion is the similarity 

between records from events with different depths and 
slightly different back azimuths and epicentral distances. 
Although we agree with Sacks et al. (1979) that the 
precursor could be due to S-to-P conversion, we do not 
think that it could be generated at discontinuities in an 
isotropic Earth. 

We could not obtain the original records and limited our 
analysis to the three-component record of one event 
reproduced in Fig. 7 of the paper by Sacks et al. (1979) as a 
representative example of their data. Epicentral parameters 
of the event are listed in Table 2. The digitized copy of the 
record is reproduced in our Fig. 9. It is clear that the radial 
component of S is much smaller than the transverse one; in 
other words, the S-wave is polarized almost as SH. The 
amplitude ratio between the precursor and the vertical 
component of S is close to unity. Repeating the arguments 
which were presented in the discussion of the GRF data, 
one can easily show that this ratio is too high for the 
converted phase SVp. Very high values of this ratio are also 
evident in the other examples of vertical component data 
which are shown in Fig. 6 of Sacks et al. (1979). 

The impossibility to explain the precursor by conversion 
from SV to P implies that it could be generated by 
conversion from SH to P. Such conversion is possible either 
at a dipping interface in an isotropic medium or at a 
boundary between anisotropic media. The former pos- 
sibility, however, is unlikely. Using equation (6), we can 
explain the amplitude ratio between the precursor and SH 
(around 0.1) by conversion at a dipping interface if the shear 
velocity contrast at this discontinuity is about 1 .O km s-’. 
Such a strong discontinuity at a depth near 250 km where 
this conversion occurs is unrealistic. 

Exploring a possibility to explain the data in Fig. 9 by 
azimuthal anisotropy, we projected the record on the axes P 
and SV and assumed a model whose isotropic component in 
the depth range around 250 km resembles other known 
models of the Lehman discontinuity. We found by trial and 
error that the amplitude of the precursor is too large to be 
explained by conversion at a discontinuity between isotropic 

w l i  

z 

I 
SP 

120 .0  T I N E  ( 5 1  0.0 

Figure 9. Example of S-wave observation for event 2 recorded at 
NORSAR. The horizontal component records have been rotated to 
radial (R) and transverse (T). 
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Table 4. Models used for simulating Sp conversion at NORSAR. 

Two layer model for NORSAR 
Layer Thickness V, v, P dVp/Vp dYy/Yy 9 9 

(km) (km s-I) (km s-') (g cm') 

1 40 6.20 ' 3.60 2.80 0.00 0.00 1.00 
2 120 8.3 4.6 3.38 0.00 0.00 1.00 
3 60 8.3 4.6 3.38 0.10 0.05 1.03 Cpl =20" 
4 60 8.7 4.8 3.50 0.10 0.05 1.03 (p,=90° 
5 m 8.7 4.8 3.50 0.00 0.00 1.00 

Isotropical model 
Layer Thickness V, v, P 

(km) (km s-I) (km sC1) (g cm3) 

1 40 6.20 3.60 2.80 
2 180 8.3 4.6 3.38 
3 m 7.0 4.0 3.00 

and anisotropic media. In principle this is possible but the 
required magnitude of anisotropy is seldom found in the 
upper mantle rocks. For this reason, we prefer a model with 
a discontinuity between two anisotropic layers with different 
directions of fast axes. Table 4 presents the parameters of 
the model we chose. Fig. 10 demonstrates the sensitivity of 
the synthetic P component to the direction of the axis in the 
upper layer. The direction in the lower layer is fixed at 90" 
whereas the direction in the upper layer is variable; a good 
fit is observed for a relatively narrow range of azimuths near 
20". Fig. 11 shows enlarged records of the P component 
corresponding to the observed records and synthetics for the 
optimum parameters and for the isotropic model given in 
Table 4. This isotropic model has a strong shear velocity 
contrast. It is clear that in the isotropic model the converted 
phase is too weak whereas the anisotropic model explains 
the observed amplitude quite well. Fig. 12 shows the 

0 . 0  T r n E  I S 1  1 2 0 . 0  

Figure 10. Synthetic P components for NORSAR versus azimuth 
# J ~  of axis of fast velocity in the upper anisotropic layer. The 
azimuth r$z of the axis in the lower anisotropic layer is fixed at 
+2=900. The corresponding model is given in Table 4. The 
observed P component is also shown (P trace). The ray parameter 
used in the calculation is 12.0sdegreeC'. Numbers on the left 
indicate the azimuth of fast axis 4,. 

0.0 T i n t  ( 5 1  120.0 

Figure 11. Comparison of observed and synthetics obtained at 
NORSAR. (A) Observed P component. (B) Synthetic P 
component obtained for the two-layer model given in Table 4. (C) 
Synthetic P component for the isotropic model given in Table 4. 
Vertical bars indicate the time window used in the penalty function 
calculation. 

sensitivity of data to the azimuths G I  and G2 of the axis of 
fast velocity in the two anisotropic layers. One can see a 
clear minimum at G I  = 20" and G2 = 90", which corresponds 
to the model described in Table 4. 

Let us discuss the influence of other parameters. As in the 
case of Grafenberg, the depth of the interface between the 

P h L 2  
0.  160. 

Figure 12. Plot of contours of residuals v e r s u s h e s  and 9z at 
NORSAR obtained using event 2. and are the azimuths of 
the axis of fast velocity in the two anisotropic layers. 
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Figure W. Plot of contours of residuals versus the values of the 
anisotropy parameter A, = 100 dV,JV, in the two layers obtained 
using event 2. 
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Figure 14. SV, and SH, time series obtained for event 2 using the 
two-layer model given in Table 4. 

two anisotropic layers is determined by the time difference 
between the precursor and the S-wave. The thickness of the 
two layers is related to the width of the precursor. 
Numerical experiments show that the data is neither 
sensitive to the parameter nor to the value of dVs/Vs in 
the two anisotropic layers. However, the value of dVp/Vp in 
the two layers is constrained by the data. Fig. 13 shows the 
sensitivity of data to the values of this parameter in the two 
layers (the other parameters being the same as in Table 4). 
One can see a clear minimum when the parameter 
dVp/Vp = 0.10 in the two layers. 

Let us now look at the effect of the anisotropic model on 
the S-wave. Fig. 14 shows the SV, and SH, time series 
obtained for the two-layer model with optimum parameters 
(Table 4). One can see that there is almost no change in the 
waveform of SH, and SV, when compared with the observed 
transverse and radial components of the S-wave in Fig. 9. 
The SVISH ratio has been hardly modified by the 
anisotropic model. At 45" of the two symmetry axes, 
anisotropy effects of the two layers on the S-wave cancel 
each other. The precursor on the radial component has been 
interpreted by the model as an SH-to-P conversion. 

5 WESTERN CHINA 

For the station WUS of the GEOSCOPE network (western 
China; lat. = 41.2, long. = 79.2) we inverted simultaneously 
two records. The time span of operation available for this 
station, which was installed in October 1988 (Romanowicz et 
al. 1991), is about half a year. For this reason, it was 

impossible to find records with SH amplitude stronger than 
the SV amplitude. We worked with records where the 
amplitude of SH is lower than the amplitude of SV. The 
observations of SKS for this station indicate that the 
direction of fast velocity is near 80" and St is near 1.2s 
(Taiki, private communication). The records of S precursors 
are displayed in Fig. 15. For event 3, the transverse 
component of the S-wave looks like the time derivative of 
the radial component. This effect may be compared to the 
effect of an anisotropic layer on the incident SV-wave in 
Fig. 1. These data were inverted by using an iterative 
procedure. In the first step, we considered a model with one 
anisotropic layer between the isotropic crust and a 
half-space which was found to explain some features in the 
seismograms. However, the first motion in the precursor 
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Figure 15. Examples of S-wave observations recorded at station 
WUS. The horizontal component records have been rotated to 
radial (R) and transverse ( T ) .  Time marks are minutes. 
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Table 5. Model used for simulating Sp conversion at WUS. 

Two layer model for WUS 
Layer Thickness V, VS P 

(km) (km s-') (km s-') (g cm3) 

1 45 6.20 ' 3.60 2.80 
2 35 8.0 4.49 3.38 
3 90 8.0 4.49 3.38 
4 m 8.0 4.49 3.38 

starts several seconds earlier than the conversion at the 
Moho can explain. In the next step, we used a model where 
the upper mantle consists of two anisotropic layers with a 
boundary at 80km depth (Table 5). Fig. 16 shows the 
synthetic vertical components Z*( t )  for event 3 as a function 
of the azimuth of the axis of fast velocity in the upper 
layer (the axis of fast velocity in the lower layer is fixed at 
& = 60"). The best fit to the observation is provided by the 
direction 110" in the upper layer and 60" in the lower layer. 
The effective direction corresponding to SKS data is near 
80" which is close to the observed one. Fig. 17 shows the 
theoretical and observed vertical components for the two 
events. The fit is nearly perfect. Fig. 18 shows the contours 
of the penalty function versus the azimuths and $z of the 
axis of fast velocity in the two anisotropic layers. One can 
see a clear minimum at = 110" and G2=60", which 
corresponds to the model described in Table 5. 

Let us discuss the influence of other parameters. As in the 
case of Grafenberg, the depth of the interface between the 
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Figure 16. Synthetic vertical components obtained for event 3 at 
WUS as a function of azimuth @1 of the axis of fast velocity in the 
upper layer. The azimuth & of the axis in the lower anisotropic 
layer is fixed at C#J~ = 60". The model is given in Table 5. Observed 
vertical component is also shown (Z trace). Numbers on the left 
indicate the azimuth of fast axis Cpl. 
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Figure 17. Comparison of observed and synthetics obtained at 
station WUS for events 3 and 4. (A) Observed vertical component. 
(B) Synthetic vertical component obtained for the two-layer model 
given in Table 5. Vertical bars indicate the time window used in the 
penalty function calculation. Ray parameter used in the calculation 
is 11.5 s degree-' for event 3 and 11.8 s degree-' for event 4. 

two anisotropic layers is determined by the time difference 
between the precursor and the S-wave. Numerical 
experiments show that the data are not sensitive to the 
parameter q. The value of the parameters dVp/Vp and 
dV,/V, in the upper anisotropic layer is not very well 

P h L 2  
160. 

Figure 18. Plot of contours of residuals versus angles +, and +2 at 
station WUS obtained using events 3 and 4. and & are the 
azimuths of the axis of fast velocity in the two anisotropic layers. 
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Figure 19. SV, and SH, time series obtained for event 3 and 4 using 
the two-Iayer model given in Table 5.  

constrained. In the lower anisotropic layer, the data are 
principally sensitive to the parameter dV,/V,. 

Figure 19 shows the SV, and SH, time series obtained for 
the two events by using the model with the optimum 
parameters (Table 5). There is almost no effect of the 
anisotropic model on the S components of the event 4. For 
event 3, the incident S-wave is almost polarized as an 
SV-wave and the observed transverse component can be 
explained as an effect of the propagation in the anisotropic 
medium. 

6 DISCUSSION A N D  CONCLUSIONS 

We described a technique for the inversion of S-wave 
particle motion in terms of azimuthal anisotropy in the 
lithosphere. In some respects, this method resembles the 
technique of crustal receiver-function analysis but is more 
complicated. The technique exploits coupling between SH, 
SV and P which is characteristic of media with azimuthal 
anisotropy. There is a problem of discriminating between 
conversions at dipping interfaces in isotropic media and 
horizontal interfaces in the presence of azimuthal ani- 
sotropy. We presented examples of seismic observations 
where the data are clearly in favour of an anisotropic model. 
These data were used to test the feasibility of the method. 
We believe that the results of these tests are encouraging. 

From the GRF data we found a two-layered anisotropic 
model for the upper mantle. This model eliminates the 
apparent incompatibility between the SKS data which 
indicate a fast velocity azimuth near 90" (Vinnik et al. 1989) 
and deep seismic sounding results for the same region 
indicating a direction close to 20" (Bamford 1977). It should 
be stressed that the two-layered model was constructed 
without any special effort to explain the deep seismic 
sounding results. The origin of this two-layer structure can 
perhaps be explained using the rock physics data (e.g. Estey 
& Douglas 1986). Anisotropy in the upper mantle is 
explained by crystallographic mineral alignment which is 
associated with upper mantle shear flow. Mobility of the 
upper mantle rocks is enhanced by high temperature; the 
threshold temperature of enhanced mobility is 1100-1200 K. 

Anisotropy in the upper, relatively cold layer of our model 
could be in a fossil state whereas anisotropy in the lower 
layer could be due to contemporary flow in the astheno- 
sphere. The direction of 90" in the lower layer is nearly 
parallel to the strike of the Alpine belt. We also note that 
the discontinuity between the two layers could correspond 
to the spinel to garnet phase transformation in the 
ultramafic mantle material (Vinnik 1989). These possibilities 
could be tested using other data on the deep structure and 
tectonics of the region. 

For NORSAR, we obtained a model where the Lehman 
discontinuity is a boundary between anisotropic media with 
different directions of fast axes. There are some other 
indications of anisotropy at this discontinuity. Leven, 
Jackson & Ringwood (1981) interpreted P-wave refraction 
data for Australia in terms of azimuthal anisotropy; they 
suggested that this anisotropy is produced by a differential 
motion in a zone of transition from the lithosphere to the 
asthenosphere. Estey & Douglas (1986) proposed that the 
Lehman discontinuity is due to a change from pyrolite with 
a strong azimuthal anisotropy to practically isotropic 
piclogite. The parameters of our model for NORSAR are 
less well constrained than those for the GRF model. 
However, there are many other sources of information 
which could be used in the future to put additional 
constraints on these parameters. The most obvious of them 
are the records of SKS and the records of S polarized in 
many different directions. 

In the case of station WUS, in western Xinkiang, we may 
also interpret our observations in term of two anisotropic 
layers with different directions of fast axes. The anisotropy 
in the upper layer could be in a fossil state while the 
direction of anisotropy in the lower layer could be formed 
recently. This explanation is supported by the fact that the 
direction of 60" in the lower layer is nearly parallel to the 
strike of the Tien Chan mountain range. Like in the case of 
GRF, the boundary between the two anisotropic layers 
could correspond to spinel to garnet phase transformation. 

Constructing models with depth-dependent anisotropy is 
an iterative process where many high-quality recordings are 
required. Our models which are based on a small number of 
data can be regarded as a crude approximation to real 
structures. However, the experience of constructing these 
models makes us believe that our approach is feasible and 
can be used in future studies of the earth interior and will 
help to put constraints on present and past dynamics of the 
upper mantle. 
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APPENDIX 
Conversion of SH to P at a dipping interface 

Let us consider an incident S-wave on a dipping interface of 
normal vector n. It is convenient to introduce a local 
coordinate system in the vicinity of the point of incidence. 
At the point of incidence, the polarization of the wave is 
given by 

g, = U1el + U,e, = cos (g)el + sin (g) e, 

where el and e, are two mutually perpendicular unit vectors 
both perpendicular to the ray. Vector e l  lies in the plane of 
incidence, i.e. in the plane determined by the normal n to 
the interface and the tangent 0 to the ray at the point of 
incidence. Vector e2 is perpendicular to this plane. g is the 
angle between vectors g, and e l .  The transmitted P-wave is 
generated by the el component of the incident S-wave and 
its amplitude is given by 

u p  = C, = Csv(i)Ul = Csv(i)  cos (g), 

where C,, is the coefficient of transmission from SV to P 
corresponding to the angle of incidence i. 

Let us assume for simplicity that the strike of the interface 
is parallel to the y axis. Then we can write the unit vector 
n = sin (f)e, + cos (f)e,, where f is the dip of the interface. 
Moreover, we consider a plane SH-wave propagating in a 
direction parallel to the vertical plane x = 0 containing the 
strike of the interface. The polarization of this SH-wave is 
then g, = ex and its direction of propagation is given by the 
unit vector t = cos (e)e,, + sin (e)e, where e is the emergence 
angle of the incident wave with respect to the horizontal 
plane. By definition of vector-e,, we can write 

where the cross product of two vectors has been denoted by 
X .  

It is not difficult to show that 

cos (e) 
dcos’ ( e )  + tan’ ( f )  

sin (g) = g, * e, = 

and 

Moreover, the incidence angle i is defined by 

cos (i) = t n = cos ( f )  sin (e). 


