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1 I N T RO D U C T I O N
The last few hundred kilometres at the base of the mantle represent
a thermal and chemical boundary layer between the silicate mantle and the iron fluid core where important dynamic processes are
taking place. The seismic properties of this region are distinct from
those of the rest of the lower mantle (e.g. for recent reviews, see Lay
& Garnero 2011; Lay 2015). Already in the 1960s, distinct shear
and compressional velocity gradients with depth were observed,

which led Bullen (1963) to name this region D . From the longwavelength point of view of global tomography, D is characterized
by an increase in the rms velocity variations as one approaches the
core–mantle boundary (CMB), and the presence of the two large
antipodally located low shear velocity provinces (LLSVPs), centred
near the equator in the Pacific and under Africa, and surrounded by
a ring of fast shear wave velocities (e.g. Masters et al. 2000; Lekic
et al. 2012). This long-wavelength structure contains a strong ‘degree 2’ component, present both in Vs and Vp models, and identified
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SUMMARY
Resolving the topography of the core–mantle boundary (CMB) and the structure and composition of the D region is key to improving our understanding of the interaction between the
Earth’s mantle and core. Observations of traveltimes and amplitudes of short-period teleseismic body waves sensitive to lowermost mantle provide essential constraints on the properties of
this region. Major challenges are low signal-to-noise ratio of the target phases and interference
with other mantle phases. In a previous paper (Part I), we introduced the slant-stacklet transform to enhance the signal of the core-reflected (PcP) phase and to isolate it from stronger
signals in the coda of the P wave. Then we minimized a linear misfit between P and PcP
waveforms to improve the quality of PcP–P traveltime difference measurements as compared
to standard cross-correlation methods. This method significantly increases the quantity and
the quality of PcP–P traveltime observations available for the modelling of structure near the
CMB. Here we illustrate our approach in a series of regional studies of the CMB and D using
PcP–P observations with unprecedented resolution from high-quality dense arrays located in
North America and Japan for events with magnitude Mw >5.4 and distances up to 80◦ . In this
process, we carefully analyse various sources of errors and show that mantle heterogeneity is
the most significant. We find and correct bias due to mantle heterogeneities that is as large
as 1 s in traveltime, comparable to the largest lateral PcP–P traveltime variations observed.
We illustrate the importance of accurate mantle corrections and the need for higher resolution
mantle models for future studies. After optimal mantle corrections, the main signal left is
relatively long wavelength in the regions sampled, except at the border of the Pacific large-low
shear velocity province (LLSVP). We detect the northwest border of the Pacific LLSVP in the
western Pacific from array observations in Japan, and observe higher than average P velocities,
or depressed CMB, in Central America, and slightly lower than average P velocities under
Alaska/western Canada.

1228

S. Ventosa and B. Romanowicz
& Helmberger 1983b; Wysession et al. 1998; Thomas et al. 2002;
Rost & Thomas 2010; Cobden & Thomas 2013; Frost et al. 2013;
Thomas & Laske 2015).
The low directionality of seismometers (the amplitude pattern is
the cosine of the angle from the orientation axis of the sensor to
the incident axis of a wave), combined with the rather high interstation distance (in wavelengths) of dense large-scale arrays, limits
the performance of optimal (e.g. least-squares) array-processing
approaches (e.g. Li et al. 2003; Lorenz & Boyd 2005). The approximate compact support of the waveform (the limited portion of the
time and frequency domains in which it is concentrated) as well as
uncertainties on the slowness of body-wave signals add additional
difficulties with these approaches.
Alternative methods developed in the context of image processing
have proven useful in dense and close to regular array deployments
such as used, for example, in exploration geophysics. For example,
in Radon transform-based methods, signals are projected to transformed domains to facilitate their enhancement and separation. In
seismology, these methods are regularly used to obtain slowness
slant stacks (also vespagrams) that separate signals according to
their slowness and time of arrival, and to improve derived measurements such as that of polarization (Schimmel & Gallart 2003,
2004). For example, Gu & Sacchi (2009) map upper-mantle discontinuity topography from SS precursors using least-squares and
high-resolution Radon transform methods.
In Ventosa & Romanowicz (2015) (from here on referred to as
‘Paper I’), we introduced the slant-stacklet transform to improve
SNR and to separate weak body-wave phases from other signals
which, combined with coherency-guided filters, allowed us to obtain clean PcP observations in situations of low SNR and high signal
interference. We illustrated the performance of this method in obtaining high-quality differential PcP–P traveltime measurements
on two examples, using data from dense arrays located in North
America.
Here, we present the results of application of this method to a
larger data set collected from dense arrays in North America and
Japan. We first briefly summarize the data processing methods to
separate signals in slowness and to estimate differential traveltimes.
We then discuss the main sources of bias in the obtained PcP–P
traveltime differences and how to correct for those, when possible. In
a context where the coverage and the number of events sampling an
area of the CMB are extremely limited, this step is of key importance
to improve the level of accuracy and confidence in the observations.
We conclude by stressing the importance of mantle corrections and
discussing the results in terms of what they tell us about lateral
variations of structure near the CMB around the Pacific.

2 P c P – P T R AV E LT I M E D I F F E R E N C E
E S T I M AT I O N
The waveform of PcP is not only highly correlated with the waveform of P but also with many other close arriving phases. These
signals, which are often stronger than PcP, can be more correlated
with P than PcP itself, leading to ambiguities and misinterpretations. The most prominent signals are the p and s depth phases
of P (pP and sP), other related phases interacting with crust and
upper-mantle discontinuities and sometimes PcP precursors.
The strategy we follow in Paper I aims at improving PcP–P traveltime accuracy and extending the distance range in which these
measurements can be made through, (1) isolating PcP (and P) to
reduce interference with other correlated signals and (2) improving
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from normal mode and traveltime data (Masters et al. 2000; Houser
et al. 2008), which has led to suggestions of the possible stabilizing
role of these structures for global mantle circulation (e.g. Torsvik
et al. 2008; Dziewonski et al. 2010; Lekic et al. 2012; Greff-Lefftz
& Besse 2012).
Vp models of large-scale structure in D have been obtained
either from global mantle tomography, with constraints primarily
from normal mode splitting data (Ishii & Tromp 1999, 2004),
or from a combination of traveltimes of core-reflected (PcP) and
core-refracted (PKP) phases (e.g. Tkalčić et al. 2002; Young et al.
2013). There are also some studies based on the dispersion of Pdiff
(Sylvander et al. 1997; Valenzuela & Wysession 1998). In the latter studies, the PcP phase is referred to P in order to correct for
upper-mantle effects.
In addition to this long-wavelength structure, there are indications
of complexity at shorter wavelengths. The borders of the LLSVPs
are found to be sharp (e.g. Ni & Helmberger 2001; To et al. 2005),
with transitions over just a few hundred kilometres. There is a
laterally varying discontinuity that marks the top of D (e.g. Lay
& Helmberger 1983a; Thomas et al. 2002; Cobden & Thomas
2013) and evidence has been found for Ultra Low Velocity Zones
(ULVZs), that is, localized and thin patches of strongly reduced Vs
or Vp (e.g. Garnero & McNamara 2008; McNamara et al. 2010;
Cottaar & Romanowicz 2012; Thorne et al. 2013; Jensen et al.
2013). There is also evidence for the presence, at least locally, of
anisotropy in D (Vinnik et al. 1989; Cottaar & Romanowicz 2013;
Lynner & Long 2014; Roy et al. 2014). However, the spectrum
and distribution of short-wavelength heterogeneity in D is poorly
known. From PKP(DF) precursor studies, it has been suggested
that there is strong scattering originating in D at wavelengths of
tens of kilometres (e.g. Cleary & Haddon 1972; Vidale & Hedlin
1998; Hedlin & Shearer 2000; Margerin 2003; Cao & Romanowicz
2007; Frost et al. 2013), which agrees with studies of short-period
P diffracted waves (e.g. Bataille & Lund 1996) and ScS precursors
(van der Hilst et al. 2007).
On the other hand, the lateral variations of CMB topography
(up to 5 km peak-to-peak), which are important to constrain core–
mantle coupling mechanisms, are poorly known (above degree 4)
and have been the subject of vigorous debates (Creager & Jordan
1986; Morelli & Dziewonski 1987; Rodgers & Wahr 1993; Garcia
& Souriau 2000; Sze & van der Hilst 2003). At long wavelengths,
recent work indicates that the CMB is depressed under subduction
zones around the Pacific, and elevated under the LLSVPs (e.g.
Lassak et al. 2010; Soldati et al. 2012). Most studies of CMB
topography rely on traveltime measurements of PcP and PKP phases
(e.g. Soldati et al. 2012), sometimes adding normal mode splitting
constraints (Soldati et al. 2013).
Separating the effects of D structure and CMB topography on
compressional body-wave phases is a particularly challenging question. One of the difficulties comes from the uneven global sampling
achieved by PcP measurements. PcP is a weak phase that is buried
in the coda of the P wave and is therefore difficult to isolate from
P reverberations originating in the crust and uppermost mantle, as
well as depth phases. This restricts the distance range of useful
PcP observations and necessitates the design of appropriate signal
processing approaches.
To improve signal-to-noise ratio (SNR) and isolate weak bodywave phases, most studies routinely combine data of many spatially
close stations using delay-and-sum (i.e. slant-stack) approaches. In
particular, these intuitive array processing approaches are effective
for the isolation of PcP precursors, such as the P wave reflected
at the top of D (PdP) or at the top of an ULVZ (PuP) (e.g. Lay
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the robustness of the traveltime difference estimation against uncertainties caused by close arriving signals. In order to isolate P
and PcP, we introduce the slant-stacklet transform to build adaptive
filters in slowness. For the traveltime difference estimation, we use
two short sliding windows (as opposed to one fixed on P and one
movable on PcP) to avoid contamination from other close signals
(e.g., pPcP-pP) and to improve their identification.
2.1 The slant-stacklet transform and its use
on slowness filters

−∞

−∞

where t is time, x is location, τ is delay and xc is a centre location
(commonly, but not necessarily, the location of a station). The family
of functions writes


t − pT x
1
,
(2)
φ p,λ (t, x) = aλ (x) √ ψ ∗
λ
λ
where λ is scale, ψ ∗ (t) is the complex conjugate of ψ(t) and pT is the
transpose slowness vector, to account for in-plane and out-of-plane
arrivals.
Every member of this family of functions has a characteristic
slowness, scale and space size. These parameters together with the
mother wavelet and the weighting function control the resolution
in the transformed domain. The main decisions to be made are selecting (1) the time–frequency resolution of ψ(t) and (2) the space–
slowness resolution that is controlled by a(x) or, roughly, by the
aperture of the subarray form with the group of stations used. Note
that the aperture of the subarray may be a function of scale and
location and, in consequence, the space-slowness resolution may
change with them.
After projecting the signals to the transformed domain, we need
to locate them to define appropriate filters. Conventionally, we could
search for maxima of instantaneous slowness close to their expected
theoretical values. This strategy is frequently problematic due to (1)
the wide dynamic range of energy of seismic signals, hindering
the definition of thresholds for noise attenuation and for discerning
actual signals from plain noise, and (2) the possible variations in
the level of noise, for example, as a result of scattering.
In order to better distinguish signals from noise, we choose to
look for maxima of coherence, a measurement more closely related
to the SNR with typical values of 1 when the SNR is high and close
to zero when it is low. In the case of the slant-stacklet transform,
this amounts to replacing the weighted sum over x, eq. (1), by a
coherence estimator. In particular, we opt for coherence estimators
for analytic signals, such as the phase-stack coherence estimator
(Schimmel & Paulssen 1997) or estimators based on geometrically

normalized cross-correlations (appendix of Taner et al. 1979), to
improve robustness and accuracy with respect to real signal alternatives (see Paper I, section 2.4).
Once we know the instantaneous slowness location of the signals, we can design the filter and synthesize the results back to the
original domain. For this purpose, we impose gains to a finite set
of slownesses, and we subsequently define an inverse transformation. We specifically make a weighted sum along slowness followed
by an inverse wavelet transform. Alternatively, it is possible to use
more aggressive non-linear filters following Schimmel & Gallart
(2007) by introducing a coherence weighted term before the inverse
wavelet transform. In the following, we do not consider this term in
order to preserve linearity.
The main complexity of these filtering and synthesis operations
arises from the finite slowness resolution of the transformed domain. The design of a filter is trivial when signals are well separated
in the transformed domain and it becomes progressively harder as
signal separation reduces. Nonetheless, those signals that the slantstacklet transform can still distinguish but cannot fully separate can
be isolated, if their cross-interference is known accurately enough.
We calculate these cross terms as the response of a planar wavefield to the analysis and synthesis operations. More details on the
mathematical formalism and illustrations can be found in Paper I,
sections 2.2, 2.3 and 3.

2.2 Traveltime difference estimation
with two sliding windows
We can obtain differential traveltimes automatically as a maximum
of correlation using a window fixed on P and one movable on PcP.
These windows have to be long enough to include the waveform of
P or PcP but as short as possible to reduce noise and interference
from other correlated signals. However, the higher uncertainties
on absolute arrival times than on differential arrival times together
with the strong variations in the signal duration and in the interfering
signals hinders the optimal location and length of these windows.
We allow for shorter windows by introducing two sliding windows the position of which is controlled by two delay parameters,
one for the absolute position of the window along P, ta , and another
for the differential position between P and PcP, td . We specifically
use the following objective function:
max
ta ,td

|x1 (t − ta ), x2 (t − td − ta ) |2
,
x1 (t − ta ) 2

(3)

where x1 (t), x2 (t) defines the (windowed) inner product between
x1 and x2 . Then x1 (t − ta ), x2 (t − td − ta ) is its (windowed) crosscorrelation. In this function, we replace the standard criterion of
maximum of correlation by a maximum of energy reduction on the
candidate PcP signal, x2 , using the P signal, x1 , seeking for a better
balance between waveform similarity and energy. More details can
be found in Paper I section 4.

2.3 Application to PcP–P traveltime differences
Fig. 1(a) shows raw velocity time-series for a deep earthquake in
northern Chile observed in North America at stations with good
quality signal selected from the IRIS database (Fig. 1b). We can
clearly distinguish the P wave and, about 30 and 40 s later, pP and
sP. Much weaker, PcP is hard to observe owing to its low SNR and
to interference with much stronger pP, sP and later arriving phases.
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The slant-stacklet transform decomposes the seismograms of a
group of close stations (typically from an array) according to instantaneous slowness at different scales (equivalently, frequency bands).
To do this expansion, we first generate a family of localized planar wavefields that span a portion of the time-space-scale-slowness
domain enclosing the signals under analysis; and then, we multiply
(inner product) the seismograms with every member of this family.
To build this family of functions, we use a single mother function φ(t, x) = a(x)ψ ∗ (t), composed of a short-duration zero-mean
wavelet ψ(t) satisfying
 ∞ the admissibility condition of the wavelet
< ∞, along the time axis, and a
transform, Cψ = 0 |ψ̂(ω)|2 dω
ω
weighting function a(x) along the space axis. We specifically write
the slant-stacklet transform of a wavefield u(t, x) as:
 ∞ ∞
u(t, x)φ p,λ (t − τ, x − xc ) dt dx,
(1)
W v p,xc (τ, λ) =
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We extract P (Fig. 1c) and PcP (Fig. 1d) from the raw data
(Fig. 1a) using the slant-stacklet transform with the configuration
used in the examples shown in Paper I section 3 to filter raw data in
slowness. In particular, in the analysis operation, a(x) is a uniform
weighting function, ψ(t) is the complex Morlet wavelet and the
aperture of the subarrays is 0.33 deg s−1 , with a minimum value
of 2◦ and a maximum one of 6.7◦ , in a period range of 1 s to
about 54 s. In the filtered traces, we search for in-plane coherence
maxima for both P and PcP in a wide slowness range around 1-D
model predictions, and we use the minimum noise solution on the
synthesis operation. Now, in Fig. 1(d), we can clearly identify and
follow PcP with epicentral distance. Only small remainders of pP
and sP signals, much lower than PcP, can be seen.

The higher SNR and better signal separation achieved in Figs 1(c)
and (d) dramatically improve the quality of traveltime difference
estimations. Figs 1(e) and (f) show the traveltime measurements
obtained using the method of the two sliding windows with the
maximum energy reduction criterium, eq. (3). This method helps to
further reduce bias and outliers with respect to the standard crosscorrelation method.
3 S O U RC E S O F B I A S I N P c P – P
T R AV E LT I M E D I F F E R E N C E S
The accuracy of PcP–P traveltime differences is limited by the
highest frequency of the signals used and the level of noise

Downloaded from http://gji.oxfordjournals.org/ at Univ of California Library on October 12, 2015

Figure 1. Illustration of the estimation of PcP–P traveltime anomalies. (a) Velocity record section for an earthquake in northern Chile (2010/03/04 22:39:26.5
UTC, Mw = 6.3, depth = 114 km) observed on USArray. Instrument response has been removed, data are bandpass filtered from 1 to 60 s and seismograms are
aligned on the measured arrival time of the P wave. (b) Epicentral distances (blue lines) and location of the stations with good quality signal shown in (a) (red
triangles) and those not shown (black triangles) for clarity. (c) P and (d) PcP extractions from the data shown in (a) with the same amplitude normalization.
Measured PcP–P traveltime differences compared to AK135 1-D model, (PcP–P)data − (PcP–P)model at all the stations; (e) sorted by epicentral distance and
(f) mapped to the reflection points of PcP at the CMB (here measurements outside of the ±2 s range are interpreted as outliers).
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and interferences (coherent noise). These observations may contain additional biases due to a combination of external factors.
A priori, the main sources of bias are mantle heterogeneities,
earthquake mislocation, intrinsic attenuation and wave-propagation
approximations.
The International Seismological Center (ISC) Bulletin provides
high-quality hypocentre reports. Bondár & Storchak (2011) show
cumulative distributions of mislocation and depth differences from
ground truth for several location algorithms. About 90 per cent of the
earthquakes with free-depth solutions have mislocation and depth
differences less than 10 km. This reduces to 2.5 km mislocation and
4 km depth difference for 50 per cent of them. These errors introduce
a bias on PcP–P traveltimes that varies according to epicentral
distance and depth. The bias due to mislocation (Fig. 2a) reduces as
epicentral distance and depth increase; while the bias due to depth
difference (Fig. 2b) grows as focal depth increases and epicentral
distance decreases. For example, when an earthquake with reported
epicentral distance of 60◦ and depth of 100 km is actually 5 km
farther away, PcP–P will have a bias of −0.129 s; whereas if it is
5 km shallower than predicted, the bias will be +0.058 s.
Most earthquakes with magnitudes Mw < 5.5, and sometimes
even larger, are too noisy for accurate PcP–P analysis. Epicentral locations of larger magnitude earthquakes are good enough to
safely ignore any bias introduced by mislocation or depth difference (below 0.1 s typically) because (1) it is typically below the
actual accuracy of PcP–P observations, and (2) the bias introduced
by mantle heterogeneities is much higher. The bias introduced by
intrinsic attenuation and anisotropy are typically lower than that
caused by epicentre estimation errors. Despite it being small, we do
correct for intrinsic attenuation using the 1-D QL6 model (Durek
& Ekström 1995). Even severe and localized intrinsic attenuation

heterogeneities with a very low Q extending from the asthenosphere
to the bottom of the upper mantle would introduce biases that are
difficult to observe at high frequencies, mainly due to their impact
on relatively small and shallow portions of the PcP–P sensitivity kernel with little weight on the overall traveltime difference.
Because of similar reasons, we consider bias due to anisotropy
negligible. Among the sources of bias we discuss, earthquake mislocation and intrinsic attenuation are negligible compared to mantle
heterogeneities.
The main purpose of referring PcP observations to P is to reduce contributions to traveltimes from regions with strong heterogeneities outside D as well as uncertainties on source parameters
among other sources of bias. In view of the Fresnel volumes of P and
PcP, this is especially useful for correcting for effects of the crust
and of the top of the upper mantle for large epicentral distances,
where P and PcP have closer travel paths.
The separation of P and PcP travel paths (Fig. A1) is approximately proportional to depth in their shallow portions and progressively increases as the epicentral distance decreases. Meanwhile, the
radius of the Fresnel volumes increases roughly as the square root of
the minimum wavelength and the inverse of the sum of the inverses
of the travel distance to the source and the station. This greatly
reduces the sensitivity of PcP–P traveltime differences to mantle heterogeneities at shallow depths and large epicentral distances
where P and PcP kernels mostly overlap. However, the sensitivity
is still large in the transition zone for short epicentral distances or
short wavelengths, and at larger depths, where the kernels do not
overlap. An example showing the bias due to mantle heterogeneities
and variations in the Moho and the 670 discontinuity depth is shown
in the Appendix.
Approximations of wave propagation theory considered in the
computation of reference traveltimes using 1-D/3-D models, may
introduce additional bias. The most accurate solution is computing
synthetic seismograms solving the full wave equation on global 3-D
models to obtain traveltime differences as a delay between synthetic
and observed waveforms. At long periods, these forward problems
are routinely solved in a high performance computer environment,
but their poor scaling towards shorter periods makes them numerically intractable at the present time. To make these problems more
tractable, we can (1) use simpler models or (2) make approximations on the wave equation. The direct solution (Kawai et al. 2006)
and the axi-symmetric (Nissen-Meyer et al. 2014) methods define
tractable (still demanding) forward problems using the full wave
equation up to 2 Hz in 1-D and 2-D models, respectively. For PcP–
P traveltime difference estimation, we need global 3-D models to
account for biases due to mantle heterogeneities or structures such
as slabs and upper-mantle discontinuities. Infinite frequency approximations (i.e. ray tracing) are still the most commonly used
alternative to calculate traveltimes at short periods, because they
are fast enough to deal with the big volumes of data, taking into
account global 3-D models. The main differences among them arise
from the method used for ray tracing. The ray can be traced in a
reference 1-D model or, more accurately, in the 3-D model using,
for example, ray shooting or ray bending methods (e.g. Julian &
Gubbins 1977; Moser 1991; Zhao et al. 1992). We opt for the
simplest option because (1) at short periods, global 3-D mantle
models still have low resolution and are smooth, and (2) the epicentral distances we consider are relatively large. This approximation
introduces an error that is much smaller than the actual mantle
corrections calculated with the current mantle models. Eventually,
as higher resolution models become available 3-D ray tracing may
need to be considered.
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Figure 2. Differential PcP–P traveltime bias per km of (a) epicentre mislocation at four epicentral depths and (b) depth difference for epicentral
distances of 40◦ to 70◦ .
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We illustrate in the next section the importance of employing accurate global 3-D mantle models to correct for mantle
heterogeneities.

4 CORRECTIONS FOR MANTLE
H E T E RO G E N E I T I E S
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We consider available global 3-D Vp models to correct for mantle heterogeneities. While Vp models have higher resolution under
sources (often close to subduction zones) and receivers (mostly on
land), Vs models have more uniform global resolution (in particular
under oceans). Since differential traveltimes are not sensitive to the
crust and uppermost mantle, we therefore also consider Vs models,
and convert to P velocity using the ratio R = d ln Vs /d ln Vp . R ∼
1.7 in the upper mantle and the mid mantle may increase to R > 3
in the lowermost mantle but its value is not very well constrained
(e.g. Masters et al. 2000; Romanowicz 2001; Samuel et al. 2005;
Brodholt et al. 2007). There are also depth and lateral variations
located in the crust and the uppermost and lowermost mantle.
Fig. 3 shows vertical cross-sections of Vp in the mantle along a
great circle path (solid red line in Fig. 3a) for the example of an
event sampling the CMB at the gulf of Alaska developed in figs 1, 3
and 8 of Paper I. In this example, a local maximum in the differential
traveltime is clearly visible in the middle of the D region sampled
(red colour in Fig. 3a). The question is whether to attribute this sharp
and localized maximum to a heterogeneity in D , versus somewhere
in the mantle, or a combination of both. First of all, the width of this
maximum is four times smaller than the Fresnel zone radius at the
CMB at 2 s in the great circle plane (about 8◦ for epicentral distances
of 60◦ to 70◦ ). Second, when we compare the time of arrival of P and
PcP with respect to their predictions (Paper I Figs 3a and c), we can
appreciate that, while PcP arrival times remain relatively constant as
a function of epicentral distance, P arrival times vary significantly.
In particular, P is faster than average at epicentral distances of about
65◦ –70◦ . This indicates that this traveltime difference anomaly must
be due to a heterogeneity extending along the P kernels. Considering
the radius of the Fresnel zone and the separation of the rays in this
distance range (Fig. A1), this heterogeneity should be deeper than
300 km.
The dynamic range of Vp variations in the transition zone and
the lower mantle is about 1 per cent in global Vp models, and
slightly higher is some regional models. Figs 3(b) and (d) show
Vp variations along this cross-section in models MIT-P08 (Li et al.
2008) and LLNL-G3Dv3 (Simmons et al. 2012), respectively, and
Figs 3(f) and (h) Vs variations from SEMUCB-WM1 (French &
Romanowicz 2014) and S40RTS (Ritsema et al. 2011). Solid black
lines are P and PcP ray paths departing from the source to several
receivers located at epicentral distances of 60◦ –70◦ . These ray paths
progressively separate with increasing epicentral distance. Therefore, heterogeneities on the source side introduce bias on traveltimes
which project to wider areas of the CMB than heterogeneities on
the receiver side.
In order to explain this traveltime anomaly, we then search for
a heterogeneity in the transition zone and/or the upper lower mantle on the receiver side along the Fresnel volume of P at epicentral distances of about 65◦ –70◦ . This heterogeneity should affect a
significant portion of the path according to the expected low Vp
variations. When we check the models carefully, we see that all of
them report a high velocity zone (in blue) centred along the P ray
path for stations at epicentral distances of 68◦ from depths of about
660 km to about 1500 km or deeper (western Pacific subduction

zone), and a close to zero velocity variation along PcP for the same
stations and depth interval. They however disagree on the particular shape of this anomaly. This heterogeneity is located across the
P rays paths of 66◦ , 68◦ and 70◦ (see, e.g. Fig. 3d), which fully
match with the location of the maximum of traveltime difference in
Fig. 3(a). The LLNL-G3Dv3 model shows d lnVp of 0.5 to 1 per
cent from 660 to about 1700 km, which is more than sufficient to
explain observations in Fig. 3(a). MIT-P08 shows slightly lower but
smoother d lnVp variations with a similar extension in depth. The
SEMUCB-WM1 and S40RTS models, smoother than the Vp models in this area, shows d lnVs up to 1 per cent for about the same
depth range.
Figs 3(c), (e), (g) and (i) show mantle corrections according to
these 4 global models, respectively, using the approximated ray
paths of AK135 1-D model and a R conversion factor of 2 for
SEMUCB-WM1, and one that increases with depth from 1.25 at
the surface to 3 at the CMB for S40RTS (Ritsema & van Heijst
2002). These values of R were used for the construction of these
models. We explored the possibility of refining the values of R,
however we found that with the data sets available, we could not
constrain it significantly better. In these corrections, we exclude the
lowermost mantle (>2500 km) to make PcP–P constraints on D
relative to a global 1-D model, and the shallowest part of the upper
mantle (<100 km) because of the large overlap of the sensitivity
kernels. We see, in these figures, that most models agree on the
maximum bias due to mantle heterogeneities, up to ±1 s for this
particular example. Nevertheless, models disagree on the details of
mantle corrections.
All models agree on the general trend of the mantle corrections
along the coast of the gulf of Alaska. They suggest positive corrections in the west of 143◦ W meridian and negative or close zero in the
east, but their mean and the sharpness of their main features differ.
LLNL-G3Dv3 gives stronger mantle corrections than MIT-P08, as
predicted from the relative strength of these models. The mantle
corrections from Vs models are smoother than for Vp models and,
in this example, larger (more positive) than the ones from Vp models. This is explained by the relatively weaker velocity variations of
Vs models in the mid-mantle along the P and PcP Fresnel volumes
(e.g. follow the P ray path of 68◦ from about 660 km depth at the
receiver side). Comparing these corrections with the observations
shown in Fig. 3(a), we see that Vp models are better able, in this
example, to remove the strong local lateral variations observed in
the raw data.
Fig. 4 shows observations before and after applying mantle corrections using the above models. Comparing Figs 4(a) and (c),
we see that most of the short-wavelength oscillations in traveltime
anomalies disappear when using LLNL-G3Dv3, and in particular,
the maximum (in red) caused by the slab. After correction, observations are smooth, in agreement with the Fresnel zone resolution
of PcP at CMB, with a mean value close to zero. A few relatively
sharp oscillations appear in the southeast part of Fig. 4(c) that may be
caused by residual mantle heterogeneities, the roughness of LLNLG3Dv3, or due to approximation of wave propagation by rays traced
in 1-D models. The MIT-P08 model (Fig. 4b) does not fully remove
the contamination from the slab, but it introduces weaker perturbations than LLNL-G3Dv3 (e.g. compare the southeast part of Figs 4b
and c). The two Vs models (Figs 4d and e) perform similarly, they
increase slightly the mean of the traveltime differences and achieve
a minor reduction of the contamination from the slab. In summary,
mantle corrections are clearly important, but differ in detail from
model to model. A possible objective criterion to evaluate results
after mantle corrections is variance reduction, other more subjective

Extraction of PcP using slant stacklets – II

1233

Downloaded from http://gji.oxfordjournals.org/ at Univ of California Library on October 12, 2015

Figure 3. Contributions of mantle heterogeneities to the PcP–P traveltime anomalies for an earthquake off the east coast of Kamchatka (2010/07/30 3:56:19.2
UTC, Mw = 6.3, depth = 30.3 km) shown in Fig. 8(c) of Paper I. (a) Observed traveltime anomalies: (PcP–P)data − (PcP–P)model , mapped at the CMB in
colour. Black triangles indicate stations and, in red, a great circle path from the epicentre to a station at 70◦ . Depth cross-sections of relative velocity anomalies
along the great circle path shown in (a) for global P models: (b) MIT-P08 and (d) LLNL-G3Dv3, and global S models: (f) SEMUCB-WM1 and (h) S40RTS.
Black lines are P and PcP ray paths from the source to receivers for epicentral distances of 60◦ –70◦ . Corresponding mantle corrections for PcP–P traveltimes,
according to (c) MIT-P08, (e) LLNL-G3Dv3, (g) SEMUCB-WM1 with R = 2 and (i) S40RTS R = 1.25 + 1.75z/2891.5, where z is depth in km.
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criterion such as the wavelengths of the main structures are also of
help.

5 R E G I O NA L C O N S T R A I N T S O N
L AT E R A L VA R I AT I O N S O F S T RU C T U R E

Downloaded from http://gji.oxfordjournals.org/ at Univ of California Library on October 12, 2015

Figure 4. Observed PcP–P traveltime anomalies mapped at CMB for the
earthquake shown in Fig. 3 (a) before, and (b–e) after mantle corrections
using (b) MIT-P08, (c) LLNL-G3Dv3, (d) SEMUCB-WM1 and (e) S40RTS
global models. Blue lines indicate the PcP reflection points for epicentral
distances of 50◦ –80◦ .

We now illustrate our approach by applying it to regional studies
in Central America, the western Pacific and Alaska/Canada, the
first two close to the Pacific LLSVP and the third one farther from
it, using events with magnitude Mw > 5.4 and distances up to
80◦ . According to CMB topography studies, at large wavelengths,
the CMB is depressed in Central America, Alaska/Canada regions,
while in the western Pacific it is elevated (e.g. Lassak et al. 2010;
Soldati et al. 2012). According to global velocity models (Fig. 11),
Vp is slightly higher than average in Central America, it is much
lower in the portion of the LLSVP sampled in the western Pacific
region, and has close to no variations in Alaska/Canada. In contrast,
Vs is much higher than average in Central America and slightly
higher in Alaska/Canada.
As in the example shown in Fig. 1, we define many overlapping
subarrays using stations from USArray and other nearby networks
in North America, and from Hi-Net (Okada et al. 2004; Obara et al.
2005) in Japan. We use the same parameters for the P and PcP separation and for the PcP–P traveltime difference measurement in the
three regions considered, although we could attain slightly shorter
periods with Hi-Net due to its higher density. In these examples, we
exclude events at distances below 42◦ (bottoming of P shallower
than 1000 km) because the greater contribution of upper-mantle
heterogeneities on P traveltimes and the large separation between P
and PcP Fresnel volumes reduce the accuracy of PcP–P traveltime
differences too much, even after mantle corrections, considering
that the expected anomalies in PcP–P with respect to 1-D reference
model should not exceed ±2 s. We evaluate the results after mantle
corrections for each model individually, according to local smoothness and standard deviation of the corrected observations, and we
interpret the robustness of the results according to the agreement
between them.
PcP–P traveltime differences vary as a function of the PcP incidence angle at the CMB (according to AK135, at epicentral distances of 50◦ , 60◦ and 70◦ and a focal depth of 0 km, this difference
is 55.5◦ , 64.2◦ and 71.8◦ , respectively). In order to combine data
from stations at different epicentral distances sampling the same
location of the CMB, we project the PcP–P traveltime difference
with respect to the AK135 1-D model to the vertical part of the path
using this angle. Assuming lateral variations small, this observation
is sensitive to the vertical velocity structure of the D layer (about
–2.7 per cent per second of traveltime difference considering a D of
250 km thickness) and the elevation of the CMB boundary (about
−6.8 km per second of traveltime difference) and therefore it is
convenient to merge data from many earthquakes. Still we cannot
resolve the relative contributions of velocity and topography on the
resulting traveltimes. Complementary observations, such as PKP
traveltime data (e.g. Morelli & Dziewonski 1987), Pdiff traveltimes
(e.g. Wysession 1996) or PcP/P amplitude ratios sensitive primarily to velocity, are needed to resolve this trade-off. Note that minor
sources of bias for PcP–P traveltime differences may become significant in these observations, such as focusing effects on amplitude
ratios.
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5.1 Central America
Fig. 5 shows the coverage obtained in Central America from 47
earthquakes located in South America (Table 1) with a total of
18 301 high-quality PcP observations recorded on broadband stations in North America. Here, we have rejected outliers and stations
at azimuths where the radiation of P or PcP is small or with opposite
signs. Also, we have excluded 16 additional earthquakes with clear
P signals but very subtle or undetectable PcP signals even after
processing.

Fig. 6(a) presents local means of vertical PcP–P traveltime differences (after correcting for epicentral distance) with respect to
AK135 1-D model and Fig. 6(b) shows their standard deviation.
These results show lower than average differential traveltimes except in a band of higher values at about 80◦ W, with peak to peak
variation of 0.9 s, much larger than the maximum standard deviation
of about 0.25 s. The standard deviation has slightly stronger short
wavelengths than the mean due to lateral variations in the coverage
(see Figs 5b and c), and to a lesser extent, due to rapid variations in

Table 1. Event database in Central America from the reviewed ISC bulletin up to December 2012 and from the NEIC global earthquake bulletin afterwards.
Date

Time

Lat
(◦ )

Lon
(◦ )

Depth
(km)

Mw

Date

Time

Lat
(◦ )

Lon
(◦ )

Depth
(km)

Mw

2006-10-20
2007-03-18
2007-07-12
2007-07-21
2007-08-18
2007-09-26
2008-02-04
2008-03-24
2008-07-01
2008-08-26
2008-09-13
2009-07-14
2009-11-13
2009-11-14
2010-02-28
2010-03-04
2010-03-12
2010-03-26
2010-05-02
2010-05-06
2010-05-19
2010-05-23
2010-05-24
2010-07-12

10:48:57.80
02:11:07.56
05:23:49.70
15:34:52.91
02:52:36.11
04:43:18.01
17:01:31.28
20:39:07.96
00:17:32.78
21:00:36.74
09:32:02.13
18:38:08.33
03:05:58.31
19:44:29.36
11:25:35.24
22:39:25.71
16:50:03.80
14:52:06.97
14:52:42.74
02:42:48.46
04:15:42.63
22:46:51.68
16:18:28.81
00:11:20.06

−13.4967
4.6445
−7.9279
−22.2136
−13.8095
−3.9580
−20.1855
−20.0782
−10.3573
−7.6632
4.8429
−21.8184
−19.4690
−22.9595
−35.0028
−22.2651
−34.2768
−28.0601
−34.2156
−18.0961
−5.1255
−14.0000
−8.1152
−22.2789

−76.6679
−78.4592
−74.3249
−65.7495
−76.2970
−79.2174
−69.9476
−68.9726
−75.5019
−74.3692
−75.4786
−67.1280
−70.4181
−66.5863
−71.5955
−68.4579
−71.8879
−70.9122
−71.8993
−70.5865
−77.4969
−74.4319
−71.6412
−68.3159

34.3
17.7
152.4
290.6
33.4
102.1
42.8
120.8
28.5
153.9
133.7
175.7
36.0
214.3
41.6
108.4
20.5
41.4
30.3
46.8
129.0
102.6
582.1
109.4

6.6
6.1
6.0
6.3
6.0
5.9
6.3
6.2
5.4
6.4
5.7
5.7
6.5
6.1
6.2
6.3
5.8
6.1
5.8
6.2
6.0
6.0
6.5
6.1

2010-10-21
2011-01-01
2011-04-02
2011-08-24
2011-10-06
2011-10-28
2012-01-30
2012-04-17
2012-05-28
2012-06-02
2012-11-10
2013-01-30
2013-02-22
2013-09-25
2013-10-31
2014-03-15
2014-03-15
2014-03-16
2014-03-22
2014-03-23
2014-04-03
2014-04-03
2014-04-04

02:49:55.93
09:56:58.46
10:59:39.10
17:46:11.56
11:12:30.00
18:54:34.75
05:10:59.46
03:50:15.28
05:07:23.52
07:52:54.60
14:57:50.21
20:15:43.30
12:01:58.20
16:42:43.80
23:03:59.30
08:59:21.90
23:51:33.00
21:16:29.60
12:59:59.20
18:20:01.90
01:58:30.50
02:43:11.20
01:37:50.60

−34.7602
−26.8513
−19.6717
−7.6203
−24.1315
−14.5572
−14.2139
−32.6374
−28.0210
−22.1017
−8.9367
−28.0900
−27.9300
−15.8500
−30.3000
−14.0900
−5.5700
−19.9800
−19.7600
−19.6900
−20.3100
−20.5700
−20.6400

−73.8125
−63.2373
−69.2191
−74.5380
−64.2963
−76.1207
−75.6584
−71.5641
−63.1134
−63.6574
−75.0884
−70.6500
−63.1000
−74.5600
−71.5600
−76.3100
−80.9700
−70.7000
−70.8700
−70.8500
−70.5800
−70.5000
−70.6500

9.2
584.3
102.0
149.3
16.5
29.0
34.2
29.7
591.1
539.4
128.6
45.0
575.2
45.8
29.0
20.0
29.0
20.0
20.0
21.0
23.6
10.0
13.7

5.8
7.0
5.9
7.0
5.9
6.8
6.3
6.6
6.7
5.9
6.0
6.8
6.1
7.0
6.5
6.1
6.3
6.7
6.2
6.2
6.6
7.7
6.2
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Figure 5. Data set for Central America. (a) Bounce points at the CMB (black circles) for earthquakes in South America (red diamonds) recorded in North
America (blue points). Only bounce points corresponding to the centre of USArray are shown. (b) Number of stations and (c) number of events sampling the
CMB within a distance of 0.7◦ .
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Figure 6. Mean (left column) and standard deviation (right column) of vertical PcP–P traveltime residuals averaged over a radius of 0.7◦ at the CMB with (top)
no mantle corrections, and (below) after correcting for mantle structure (from 100 to 2500 km depth) using MIT-P08 (c,d), LLNL-G3Dv3 (e,f), SEMUCB-WM1
(g,h) and S40RTS (i,j) global models.

Extraction of PcP using slant stacklets – II

5.2 Western Pacific
In this example, we focus on the western border of the Pacific
LLSVP, around 10◦ N–160◦ W, and also include available data west
of this area. Fig. 7 shows the coverage of this region from 50 earth-

quakes with depth larger than 100 km located along the north Indian
plate border (Table 2). We obtained a total of 31 370 high-quality
PcP observations recorded on short-period stations from Hi-net in
Japan. We also excluded seven earthquakes with clear P signals but
very subtle or undetectable PcP signals. To improve the illumination around the border of the LLSVP, we added seven shallower
earthquakes.
Figs 8(a) and (b) present local averages of vertical PcP–P traveltime differences and their standard deviation with respect to AK135
1-D model. Lateral variations of vertical traveltimes occur at the
border of the LLSVP where the sampling is good and the standard
deviation is relatively small, but more rapid and stronger variations
are present in the western region (about 130◦ E and 145◦ E). This is
probably due to a strong interaction of the P and PcP waves sampling the Pacific and Philippine slabs along the Pacific coast and
south of Japan in the mid-mantle. When correcting for mantle structure, the S models (Figs 8g–j) result in more coherent maps than
the P models (Figs 8c–f). The S models tend to improve standard
deviation, while reducing most of the strongest short-wavelength
structures (compare Fig. 8a with Figs 8g and i); in contrast,
P-models somewhat increase standard deviation and show a similar
short-wavelength content as the uncorrected map. This behaviour
may be due to the higher resolution of upper-mantle S models under
the oceans compared to P models as a result of better coverage.
After correcting for mantle heterogeneity using the two S models,
the results show a similar trend. They show strong variations at the
border of LLSVP, where vertical traveltimes vary about 0.6 s over
a distance of 10◦ , with lower than average traveltimes in the west
(outside the LLSVP) of this region. The only exception comes from
a few events sampling the CMB in the north of the Philippines
showing traveltimes much higher than average. With the current
coverage, it is not clear if these results are due to remaining mantle
heterogeneities (e.g. from the slabs subducting under Japan) or real
D structure. The former is likely, since the anomaly is already
strongly reduced using current S models converted to P velocity.

Figure 7. Data set in the western Pacific. (a) Bounce points at the CMB (black circles) for earthquakes along the north Indian plate border (red diamonds)
recorded in Japan (blue points). Only bounce points from the centre of the stations of Hi-Net are shown. (b) Number of stations and (c) number of events
sampling the CMB averaged over a distance of 0.7◦ .
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the traveltime differences and outliers not previously removed. In
many locations, the number of events is too small to obtain robust
measurements of standard deviation (especially on the borders), and
the size of the region used to estimate the mean and the standard
deviation is relatively large, a circle of 1.4◦ of diameter.
Figs 6(c)–(j) show the results after correcting for mantle heterogeneities (from depths of 100 to 2500 km) and the corresponding
standard deviations. We find that there is agreement among the four
models used for mantle corrections in reducing the band of higher
than average traveltimes at about 80◦ W, resulting in smoother maps
with lower than average traveltime anomalies. Therefore, we conclude that this band of high differential traveltimes discussed in
previous studies (e.g. Fisher et al. 2003; Durand et al. 2013) is due
to the mantle on the receiver side, for example, waves travelling
along the Farallon Plate. The LLNL-G3Dv3 and SEMUCB models
produce smoother solutions (Figs 6e and g), while the MIT-P08 and
S40RTS models reduce the local standard deviation more (Figs 6d
and j). These results agree with Vp and Vs global velocity models
that predict higher velocities than average in this region. Global
topography models (of much lower resolution) predict a depressed
CMB in this area that, if predominant over velocity variations, and
taking the CMB reference radius as 2891.5 km (and not shallower),
would result in positive traveltime differences. This indicates that,
if topography models are correct, one might interpret these maps as
due primarily to lateral variations in velocity, with predominantly
faster than average velocities. After mantle corrections, the velocity variations are rather uniform over this region: the band of slow
traveltime anomalies has disappeared.
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Table 2. Event database in the western Pacific from the reviewed ISC bulletin up to December 2012 and from the NEIC global earthquake bulletin afterwards.
Time

Lat
(◦ )

Lon
(◦ )

Depth
(km)

Mw

Date

Time

Lat
(◦ )

Lon
(◦ )

Depth
(km)

Mw

2004-04-09
2004-07-15
2004-10-08
2004-11-05
2004-11-21
2005-02-08
2005-09-12
2005-10-25
2006-01-15
2006-01-23
2006-02-02
2006-08-07
2006-09-09
2006-10-03
2007-04-21
2007-07-23
2007-08-08
2007-08-11
2007-11-19
2008-01-15
2008-04-18
2008-04-29
2008-07-19
2008-08-04
2008-09-08
2008-09-08
2008-10-22
2008-12-06
2009-11-09

15:23:34.45
04:27:13.33
08:27:52.42
05:18:33.37
11:07:10.71
14:48:21.43
21:15:04.24
19:40:42.29
11:58:29.16
06:02:59.20
12:48:43.88
22:18:55.54
04:13:12.71
18:03:15.12
17:20:33.39
00:08:32.04
17:04:58.00
18:04:53.47
00:52:12.68
17:52:16.27
20:39:07.79
19:10:02.53
22:39:52.58
20:45:15.82
03:03:17.72
18:52:09.04
12:55:57.82
10:55:27.32
10:44:54.78

−13.1691
−17.7045
−10.9373
−4.3593
−15.3994
−14.3176
−17.4748
−7.1287
−7.8818
−17.3824
−17.8306
−15.8406
−7.2509
−18.9296
−13.8949
−4.4621
−6.0890
−22.2448
−21.2118
−21.9873
−17.3916
−6.1692
−17.3987
−5.9259
−19.8938
−13.5186
−18.4657
−7.4744
−17.2674

167.1654
−178.7667
162.1176
143.9158
−174.8999
167.2603
−177.3684
145.9402
122.5790
167.7923
−178.2842
167.8174
120.1277
169.0220
166.7405
149.8970
107.5839
−179.5024
−178.6727
−179.5799
−179.0091
127.5570
−177.2828
130.3051
169.0874
166.9846
−175.4010
124.6985
178.4528

231.1
560.0
38.0
120.1
238.3
214.9
402.7
178.9
261.7
33.4
599.6
148.5
579.1
169.2
42.7
560.6
293.8
607.5
558.9
597.0
556.2
404.9
389.2
188.5
43.1
124.7
234.8
406.3
591.3

6.5
7.0
6.8
6.0
6.0
6.7
5.7
5.9
6.1
6.3
6.7
6.8
6.3
6.3
5.9
5.9
7.5
5.6
6.3
6.5
6.3
5.9
6.3
6.1
6.1
6.9
6.3
6.4
7.2

2009-11-22
2010-02-15
2010-03-04
2010-05-27
2010-06-26
2010-06-30
2010-08-16
2010-12-13
2011-02-07
2011-03-10
2011-04-03
2011-08-25
2011-09-03
2011-09-15
2012-03-21
2012-07-06
2012-08-05
2012-10-20
2012-12-10
2012-12-21
2013-05-11
2013-05-23
2013-06-07
2013-07-07
2013-09-01
2014-01-01
2014-05-01
2014-05-04

07:48:21.07
21:51:48.17
14:02:28.85
17:14:46.93
05:30:19.80
04:31:01.68
19:35:48.46
01:14:42.83
19:53:42.86
17:08:37.32
14:07:08.98
10:39:53.63
22:55:35.76
19:31:03.16
22:15:05.59
02:28:22.55
13:55:10.95
23:00:32.93
16:53:09.49
22:28:08.08
20:46:57.60
17:19:04.80
12:54:09.40
18:35:30.70
11:52:29.90
16:03:29.00
06:36:35.50
09:15:52.90

−17.8225
−7.2679
−13.6248
−13.6734
−10.5716
−23.2850
−20.8416
−6.5265
−7.0927
−6.8567
−17.6066
−13.6631
−20.6279
−21.5930
−6.2233
−14.6567
−21.0710
−13.5730
−6.4969
−14.3591
−17.9700
−23.0100
−23.8900
−3.9200
−7.4400
−13.8600
−21.4500
−24.6100

−178.3704
128.7666
167.2326
166.6722
161.4873
179.1797
−178.7564
155.6959
155.3183
116.7300
−178.5336
167.0305
169.7780
−179.3240
146.0083
167.3043
−178.3057
166.6105
129.8684
167.2778
−175.1100
−177.2300
179.0900
153.9300
128.2200
167.2500
170.3500
179.0900

526.8
134.7
189.6
34.7
40.3
572.8
600.8
144.8
414.8
518.6
547.2
118.4
136.6
629.0
117.7
164.8
486.3
43.5
161.5
198.1
212.9
173.7
546.0
385.5
112.0
187.0
106.0
527.0

6.4
6.2
6.5
7.1
6.6
6.3
6.1
6.1
6.4
6.5
6.4
5.9
7.0
7.3
6.6
6.3
5.9
6.2
7.1
6.7
6.3
7.4
5.9
7.3
6.5
6.5
6.6
6.6

5.3 Alaska/Canada
Fig. 9 shows the coverage obtained in Alaska and Canada from
50 earthquakes located in northern Pacific and the north polar region (Table 3) with a total of 16 423 high-quality PcP observations
recorded on broadband stations in North America. In this data set,
we exclude events in the Aleutian Islands sampling the gulf of
Alaska (south of 55◦ N and west of 135◦ W) with epicentral distances shorter than 50◦ . Along the P ray path of these events, global
models show strong slow heterogeneities (see the cross-sections in
Fig. 3 slightly north of this area). In addition, the 660 discontinuity has strong depth variations (up to 40 km upward deflection) on
the source side (Zheng et al. 2015). For example, at an epicentral
distance of 40◦ , the separation of the ray paths of P and PcP at
660 is large (4.72◦ ) which produces a bias of about 5.1 ms km−1
(about 0.2 s for a 40 km shallower 660 discontinuity) on PcP–P
traveltime differences. Even ignoring multipathing effects, these
structures have a significant impact on PcP–P traveltimes, that cannot be sufficiently reduced with our current mantle corrections and
azimuth coverage.
Figs 10(a) and (b) present local means of vertical PcP–P traveltime differences and their standard deviation with respect to AK135
1-D model. We observe lower than average traveltimes in the western part of the map that abruptly become much higher than average
towards the east, especially in the southern part, around British
Columbia, where the standard variation is also the highest. Most of
the events sampling this area are located in the Aleutian Islands and
epicentral distances range from about 50◦ to 65◦ .
Figs 10(c)–(j) show that global models disagree significantly in
this region, but they agree on reducing higher than average anomalies. PcP–P traveltime results after P-model corrections for mantle

structure are smoother than using S models. When comparing maps
corrected using the P models (Figs 10c–f), similarly to the example
in Central America, the LLNL-G3Dv3 model produces smoother
results and the MIT-P08 lower standard deviations. In the S models, SEMUCB (Figs 10g–h) reduces the standard deviation in the
region about British Columbia while reducing positive anomalies;
whereas S40RTS (Figs 10i–j) performs poorly in this region. In our
opinion Fig. 10(e) obtains overall the most likely results because
it produces the smoothest results (e.g. around British Columbia)
while slightly reducing standard deviation in the same region; however, considering the impact of upper-mantle heterogeneities and
the discrepancies among these models, it is difficult to judge which
of the first three models is best for mantle corrections in this region. A better coverage or, in its absence, the use of 3-D ray-tracing
methods and a better upper-mantle model are needed to improve
mantle corrections and achieve a more definitive image in this
region.

6 DISCUSSION
In Fig. 11, we compare our preferred maps of PcP–P traveltime
differences projected on the vertical plane after mantle corrections
with global tomographic maps of P velocity at 2800 km depth obtained using the four mantle models discussed here, and in addition,
model HSML-P06 (Houser et al. 2008).
When we compare vertical PcP–P traveltimes considering the
full mantle in the roughest model available, LLNL-G3Dv3, using 1-D ray tracing and 3-D based on pseudo-bending with the
LLNL-Earth3D code, we see differences of the order of 0.1 s, and
sometimes larger than 0.3 s at short distances. This bias reduces in
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Figure 8. Mean (left column) and standard deviation (right column) of vertical PcP–P traveltime anomalies averaged over a radius of 0.7◦ at the CMB
with (a,b) no mantle corrections, and (below) after correcting for mantle structure (from 100 to 2500 km depth) using MIT-P08 (c,d), LLNL-G3Dv3 (e,f),
SEMUCB-WM1(g,h) and S40RTS (i,j) global models.
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Table 3. Event database in Alaska/Canada from the reviewed ISC bulletin up to December 2012 and from the NEIC global earthquake bulletin afterwards.
Date

Time

Lat
(◦ )

Lon
(◦ )

Depth
(km)

Mw

Date

Time

Lat
(◦ )

Lon
(◦ )

Depth
(km)

Mw

2006-08-17
2006-08-24
2006-09-16
2006-09-30
2006-10-01
2006-10-13
2006-12-07
2007-05-30
2007-07-16
2007-08-15
2007-09-03
2007-10-31
2008-03-03
2008-06-13
2008-06-22
2008-07-05
2008-07-06
2008-07-24
2008-08-04
2008-09-18
2009-01-15
2009-04-07
2009-04-18
2009-06-22
2009-08-20

11:11:36.69
21:50:37.97
02:22:50.96
17:50:24.44
09:06:02.53
13:47:39.23
19:10:22.10
20:22:13.56
01:13:21.88
20:22:13.00
16:14:54.39
13:44:21.45
09:31:06.69
23:43:46.79
23:56:31.03
02:12:06.07
01:00:09.08
01:43:18.42
04:42:15.66
11:58:51.22
17:49:38.44
04:23:34.10
19:18:01.13
18:15:40.09
06:35:05.24

55.6643
51.1751
41.3524
46.3144
46.4670
46.2897
46.1813
52.1523
37.5566
50.3359
45.8019
51.4950
46.3868
39.1514
67.7013
53.9462
45.3251
50.9283
49.8638
51.9447
46.8333
46.0564
46.0528
76.3311
72.2089

161.6081
157.3980
135.7497
153.1446
153.2071
153.2245
154.3750
157.2167
138.4821
−177.5748
150.0969
−178.3970
153.1289
140.7365
141.1807
152.8633
151.1549
157.5120
156.3629
158.2871
155.2460
151.6371
151.3971
6.8091
0.9513

66.0
54.2
373.0
20.6
20.7
3.2
16.9
122.3
7.4
18.9
100.6
36.7
36.8
11.6
22.2
646.1
23.2
45.3
84.0
67.3
31.1
40.3
50.8
13.1
9.5

5.7
6.5
5.9
6.6
6.5
5.9
6.3
6.4
6.5
6.5
6.2
5.9
6.3
6.8
6.1
7.7
5.6
6.1
5.7
5.8
7.3
6.9
6.4
5.3
6.0

2009-12-17
2010-03-30
2010-07-18
2010-07-28
2010-07-30
2010-09-03
2010-10-08
2010-12-23
2011-02-20
2011-08-04
2011-10-01
2011-10-25
2012-06-24
2012-08-14
2012-09-26
2012-11-16
2013-02-14
2013-02-28
2013-03-24
2013-04-19
2013-04-21
2013-05-19
2013-10-01
2014-02-26
2014-06-07

20:01:21.90
01:02:54.61
05:56:45.84
11:31:48.26
03:56:14.65
11:16:08.11
03:26:14.20
14:00:33.45
21:43:24.88
13:51:36.14
09:23:50.50
03:24:50.34
03:15:01.98
02:59:38.86
23:39:56.50
18:12:43.26
13:13:53.10
14:05:50.30
04:18:34.00
19:58:40.20
13:48:29.50
18:44:10.90
03:38:21.70
21:13:40.10
04:43:32.50

51.4385
43.2818
52.7536
52.6760
52.4218
51.6273
51.3459
52.9769
55.8366
48.7670
51.7171
52.1345
57.5012
49.7500
51.5408
49.2365
67.6300
50.9700
50.7300
49.9700
51.6600
52.3400
53.2000
53.6000
67.7800

−179.9962
138.4944
−169.7741
−169.4217
159.9224
−176.0005
−175.3166
171.1047
162.2349
154.8391
172.0626
−171.8311
163.4145
145.3057
−178.1844
155.6545
142.5100
157.2700
160.1600
157.6500
−178.2400
160.0700
152.7900
−171.8200
−162.2900

39.4
29.6
21.5
20.3
30.3
45.8
24.4
26.4
39.1
49.8
19.1
49.0
16.0
590.7
26.8
50.8
11.0
41.0
8.0
15.0
44.0
18.0
573.0
265.0
4.0

5.7
5.6
6.6
5.6
6.3
6.3
6.2
6.2
5.9
6.1
5.3
5.6
6.0
7.7
6.4
6.5
6.7
6.8
6.0
6.1
5.6
5.9
6.7
6.1
5.8

smoother models and is not significant on average, but it does have
a noticeable effect on the variance. More involved mantle corrections using 3-D ray tracing methods may help to reduce variance
and disagreements among mantle models for paths with a strong
interaction with slabs, such as in Central America, and may allow
us to include observations at relatively short epicentral distances
that we now have to reject, such as in Alaska/Canada. Nevertheless,
we need higher resolution mantle models to fully correct for these
short-scale mantle heterogeneities.

In the regional studies conducted, correcting for mantle heterogeneities from 100 to 2500 km depth improves variance reduction
in the data and significantly attenuates fast lateral variations of vertical PcP–P traveltimes that are due to contamination by shallow
heterogeneities. In Central America, we observe generally higher
than average Vp velocity d lnVp ∼ 0.5 per cent considering a D of
250 km thickness and the default CMB depth, with a slight reduction towards the south. In a region where the CMB is found to be
depressed, this velocity variation may be higher. In Alaska/Canada,
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Figure 9. Data set sampling Alaska/western Canada. (a) PcP bounce points at the CMB (black circles) from earthquakes in the north Pacific and around the
north Pole (red diamonds) recorded at stations in North America (small blue points). Only bounce points from the centre of the stations of USArray are shown.
(b) Number of stations and (c) number of events sampling the CMB within a distance of 0.7◦ .
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Figure 10. Mean (left column) and standard deviation (right column) of vertical PcP–P traveltime anomalies averaged over a radius of 0.7◦ at the CMB
with (top panels) no mantle corrections, and (below) after correcting for mantle (from 100 to 2500 km depth) using MIT-P08 (c,d), LLNL-G3Dv3 (e,f),
SEMUCB-WM1 (g,h) and S40RTS (i,j) global models.

we also observe generally higher than average Vp velocity but with
stronger lateral variations, results are however less clear than in
Central America due to stronger contamination by upper-mantle
heterogeneities. In the western Pacific, we observe a Vp velocity
reduction of about 1.6 per cent (considering a D of 250 km thickness) over a distance of 10◦ across the western border of the Pacific

LLSVP. This reduction may be higher if the CMB is elevated in the
LLSVP regions. Note that the fact that the CMB is found depressed
in cold/high-velocity regions and elevated in hot/low-velocity buoyant regions (e.g. Lassak et al. 2010; Soldati et al. 2012) introduces
a trade-off between CMB elevation and Vp velocity of about 0.4
per cent d lnVp reduction per kilometer of increased elevation. This
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leads to maximum values of velocity reduction across the western
border of the Pacific LLSVP of about 3.6 per cent d lnVp considering
a peak-to-peak variation of CMB topography of 5 km, compatible
with the lateral Vp velocity variations observed by Tanaka et al.
(2015) in the same region. The PcP/P amplitude ratios (much more
sensitive to velocity than elevation) are of help to resolve this tradeoff as long as biases due to focusing or attenuation effects are small
or can be corrected for.
The study of the weak top D reflection (i.e. PdP) may help to
better constrain D velocity, with the added complication that the
topography at the top of D may be much stronger than that presently
known at the CMB. Many D discontinuity detections using SdS are
reported in the Central America region from about 140 to 290 km
above the CMB. Some of them also report lateral variations of
thickness (see, e.g. Kito et al. 2007). Few studies using PdP exist
in the regions considered, Reasoner & Revenaugh (1999) report a
velocity jump of 0.5–0.6 per cent at 190 ± 20 km above the CMB
in a region around 90◦ W in the Pacific. These results are compatible
with the velocity variations we see in the same area, about 0.35–
0.7 per cent d lnVp considering the same thickness of the D region.
When we consider a constant velocity of d lnVp ∼ 0.6 per cent, our
results translate to variations of D thickness in agreement with
Thomas et al. (2004) using SdS and scattered waves (referred to
ScS), namely a shallow D discontinuity in the north of this region
and deeper in the south. These results are tentative, much more
information and accuracy are needed to clearly solve for volumetric
structure, topography of the CMB and the D discontinuity, and the
trade-offs among them.

Overall, there is good agreement among 3-D mantle models after
mantle corrections in the three regions considered. At shorter wavelengths, we find no compelling evidence for the lateral variations
seen before mantle corrections. The main signals come from the
Pacific LLSVP and the ring of fast velocities around the Pacific.

7 C O N C LU S I O N S
We use dense arrays to illustrate how array processing can dramatically increase the amount of high-quality PcP observations, and
potentially of much weaker phases. With the slant-stacklet transform, we combine signal from a group of seismometers to attenuate
incoherent noise and to separate weak PcP signals from stronger
signals in the coda of the P wave, by exploiting their slowness contrast. Thus, signals that would have been otherwise rejected because
of low SNR or high signal interference can still be exploited.
We correct maps of vertical traveltime anomalies in D for mantle heterogeneities using several recent P and S global models.
Assuming that a more coherent map indicate better mantle corrections, P models achieve the best corrections in Central America and
S models in the western Pacific. These corrections can be quite
significant (as high as 1 s) when P and PcP kernels sample mantle slabs. Under good azimuthal coverage, mantle heterogeneities
should cancel out on average. However, considering the less than
ideal coverage of many regions around the globe for this type of
measurement, having accurate velocity models of the upper and mid
mantle may become more and more important in order to expand
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Figure 11. Lateral variations in P or S velocity at 2800 km depth according to global models: (a) HMSL-P06, (b) MIT-P08, (c) LLNL-G3Dv3, (d) SEMUCBWM1 and (e) S40RTS compared to (f) the mean of vertical PcP–P traveltime differences at the CMB after mantle corrections (the conversion factor from
vertical traveltimes to d lnVp is −2.7 per cent per second of traveltime difference, with a D thickness of 250 km, and to CMB elevation is −6.8 km s−1 ). In
(a–e), black rectangles delimit the regions considered in this paper.
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the regions sampled by PcP–P and other seismic phases that provide
valuable constraints on CMB and the D region.
With high-quality PcP–P traveltime data obtained using the slantstacklet approach, we show the importance of mantle corrections
on the retrieval of lateral variations of structure at the base of the
mantle. While very incomplete in global coverage due to the lack
of appropriate arrays, the results are in agreement with results from
tomography and other studies. In particular, they allow us to localize
the western border of the Pacific LLSVP, albeit only in one place.
The quality and coverage of D structure and CMB topography
constraints from PcP–P traveltime differences may further improve
by applying the slant-stacklet transform to exploit complementary
information from pPcP-pP or sPcP-sP traveltime differences. Besides, in a scenario where coverage is often extremely limited, further improving corrections for mantle heterogeneities (e.g. using
3-D ray tracing methods or comparing waveforms from real and
synthetic seismograms) but also for other sources of bias may prove
key for improving our knowledge of the finescale lowermost mantle
structure.
Our study also emphasizes the importance of developing highquality global mantle tomographic models to correct for heterogeneity above D and retrieve meaningful maps of lateral variations
of seismic structure at the base of the mantle.
In the future, the deployment of (temporary or permanent) dense
arrays will provide valuable new observations in many regions
around the globe that are currently out of reach. These data combined with P diffracted measurements are essential to constrain the
scales and amplitudes of lateral variations of structure at the base
of the mantle.
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Young, M.K., Tkalčić, H., Bodin, T. & Sambridge, M., 2013. Global P
wave tomography of Earth’s lowermost mantle from partition modeling,
J. geophys. Res., 118(10), 5467–5486.
Zhao, D., Hasegawa, A. & Horiuchi, S., 1992. Tomographic imaging of P
and S wave velocity structure beneath northeastern Japan, J. geophys.
Res., 97(B13), 19 909–19 928.
Zheng, Z., Ventosa, S. & Romanowicz, B., 2015. High resolution upper
mantle discontinuity images across the Pacific Ocean from SS precursors
using local slant stack filters, Geophys. J. Int., 202(1), 175–189.

The bias on the PcP arrival time due to variations in the Moho depth
at an epicentral distance of 60◦ , according to the PREM model, is
about 24.5 ms km−1 , and about 4.8 ms km−1 at the 670 discontinuity;
while 1 per cent increase on Vp at 400 km produces a bias of about
1.2 ms km−1 . Absolute PcP arrival times are then primarily affected
by shallow heterogeneities, while differential PcP–P traveltimes
will be more affected by the deeper upper mantle. For epicentral
distances of 70◦ (Fig. A1), the separation of the ray paths of P
and PcP is approximately equal to the Fresnel zone radius at 2 s
at a depth of 500 km and reduces to about 100 km for epicentral
distances of 40◦ . As a consequence, the Fresnel volumes of P and
PcP mostly overlap at the Moho and any velocity and topography
discrepancy between the regions sampled by P and PcP is greatly
attenuated. However, they do not overlap in the transition zone for

Figure A1. Separation between P and PcP ray paths as a function of depth
using the AK135 1-D model compared to the Fresnel zone radius of the
P wave for a period of 2 s. The radius of PcP is slightly lower than the
P radius.

short epicentral distances or short wavelengths. Considering that at
least those heterogeneities that are known are significantly larger
than 2◦ , this implies in practice that the gradient of lateral variations
at the borders and within a heterogeneity is more important than
its absolute perturbation with respect to a reference 1-D model. For
example, variations in the Moho depth at a distance of 60◦ produce
bias of about 2.1 ms km−1 on PcP–P traveltime differences due
to the large overlap between the P and PcP kernels. At a depth of
670 km the separation of the ray paths of P and PcP increases up
to 234 km (2.35◦ ) while the Fresnel zone radii increase only up
to 113 and 105 km, respectively. Therefore the bias on the PcP–P
traveltime in case of a deeper 670 discontinuity is about 1.5 ms
km−1 , whereas a gradient at 670 of 1 km deg−1 produces a bias of
about 15 ms (P seeing a deeper discontinuity than PcP). Similarly,
a 1 per cent increase in Vp at 400 km produces a bias of about
0.2 ms km−1 , and 1.5 ms if the gradient is 1 km deg−1 .
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APPENDIX: EXAMPLE ON THE BIAS
DUE TO UPPER-MANTLE
H E T E RO G E N E I T I E S A N D
DISCONTINUITY TOPOGRAPHY
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