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Why partitioning matters to relate  
geophysical and geochemical heterogeneity in the deep Earth?

❖ F. Albarède, Geochemistry (2009): ‘The Earth is a complex body whose dynamics are 
controlled by mechanisms that commonly work in opposing directions:’                        
1) differentiation mechanisms maintained by fractionation of elements and isotopes 
between the phases                                                                                                                                  
2) mixing mechanisms 

Sr-Pb isotope systematics in 
oceanic basalts       

White Geochem. Persp. 2015

Geochemical heterogeneities: 
where do they stem from? 

which can be tested 
geophysically?



Why partitioning matters to relate  
geophysical and geochemical heterogeneity in the deep Earth?

Sobolev, Nature 2005.

Partitioning of trace elements: to understand heterogeneities at depth
Partitioning of major elements: case of Fe

Sobolev Nature 2005



Outline

❖ why it matters?

❖ how to measure it for trace elements?

❖ thermodynamics: how to be predictive?

❖ influence of melt structure

❖ case of a major element: Fe

partition coefficient: Di
1/2 =

Ci
1

Ci
2



❖ petrology: fraction of melt, mineral phases at the residue (spider 
diagrams), fractional vs equilibrium or batch melting

❖ estimate P, T, fO2, composition (hence heterogeneity!) of the melting source 
and more generally of the fractionation process (e.g. crust formation)

❖ quantify fluxes between reservoirs for geological cycles

What can we learn from measuring partition coefficients?

46 Mass conservation//and elemental fractionation

By combining (2.24) and (2.25), and introducing the fraction
of residual liquid F = Mliq/M0, we obtain:

dC i
liq

C i
liq

=
!

Di
s/l − 1

" dF

F
(2.26)

which is the form sought, applied to progressive crystallization
of a liquid, and which leads us to (2.27).

It can be shown (see box) that the change in concentration Ci
res

of an element i in the residual phase during formation of a new
phase obeys Rayleigh’s law:

d ln Ci
res =

!

Di − 1
"

d ln f (2.27)

where Di is the bulk partition coefficient between the new phase
and the parent residual phase (the order is essential) and f the
fraction by mass of the residual phase relative to the stock of
original material. The most common form of this equation is:

Ci
res = Ci

0 fDi−1 (2.28)

where Ci
0 is the concentration in element i of the parent phase of

the original material, i.e. for f = 1.
A first application of this theory is the fractional crystallization

of magmas, for which we obtain:

Ci
liq = Ci

0 fDi−1 (2.29)

Here, the parameter f represents the residual liquid fraction and
Ci

0 the composition of the parent magma. The concentration of
the solid at equilibrium with the liquid is obtained by multiplying
(2.29) by the partition coefficient of the element. For incompatible
elements, like Th, Ba, and La, the partition coefficients Di, which
measure solid/liquid fractionation, are low: their concentrations
in the residual magma and, consequently, in the extracted min-
eral phases are therefore inversely proportional to f . Over most of
the range of magma differentiation, liquid is the dominant phase.
Parameter f is therefore close to unity and the concentrations
of incompatible elements vary little during crystallization. More-
over, the ratios of incompatible elements (e.g. Th/La) in differen-
tiated lavas are virtually unaffected by fractional crystallization.
By contrast, for compatible elements, such as Ni and Cr, high Di

values cause very high variations in concentration in the residual
magma for low variations of f. Thus the precipitation of 10–20%

Elemental fractionation 41

it is standard practice in igneous geochemistry to represent the
concentrations of elements of different magmatic rocks in order
of increasing compatibility as the mantle melts, the mean order
being established by experiment. These “spidergrams” entail nor-
malization, i.e. division by concentrations of a reference rock or
reservoir (chondrites, Bulk Silicate Earth, mid-ocean ridge basalts
= MORB) and have become a standard graphic tool in geochem-
istry (Fig. 2.7).

Let us apply the simple theory of chemical fractionation to the
change in the concentration of an element i during partial melting
of a source rock made up of several minerals. This theory leads
to the so-called equilibrium- or batch-melting equations. If the
proportion of liquid in the molten rock is F (melt fraction), the
mass balance condition is written:

C i
source = FC i

liq + (1 − F )
!

solids j

fjC
i
j =

"

F + (1 − F )Di
s/l

#

C i
liq (2.16)

or

C i
liq =

C i
source

F + (1 − F )Di
s/l

(2.17)

This equation separates two regimes of melting that are best un-
derstood by plotting the enrichment factor Ci

liq/Ci
source during

melting as a function of the bulk solid/liquid partition coefficient
(Fig. 2.8). For F < Di

s/l, the enrichment factor is nearly constant

and equal to 1/Di
s/l, while for F > Di

s/l, the enrichment factor
varies approximately as 1/F . In the mantle or crust, the melt
fraction F is generally low, of the order of 0.1 to 15%. For in-
compatible elements such as Th, Nb, La, or Ba, Di

s/l is virtually
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Figure 2.7: Spidergram of

trace elements in essential

types of basalts standardized

to a model of concentration

of the primitive mantle. The

incompatibility of elements,

i.e. the tendency of crystals

to reject them to the melt,

diminishes toward the right.

MORBs are “depleted” in

incompatible elements, while



Why partitioning matters to relate  
geophysical and geochemical heterogeneity in the deep Earth?

❖ dating formation of reservoirs                                                                           
W/Hf fractionation in case of planetary core formation Righter et al. GCA 1993



Partitioning and geochemical affinity

❖ Goldschmidt (1929): elements partitioned within 4 shells in the molten 
early Earth: atmosphere, silicate, Fe-S and Fe, hence the 4 affinities. 

❖ siderophile

❖ atmophile/volatile

❖ compatible/incompatible

❖ Godlschmidt (1937) understood the principal controls on substitution 
are the mismatch in valence and ionic radius between the substituent 
and substituted ion
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especially those connected with aqueous solutions. The same principle also regulates the 
base exchange of zeolite minerals : natural zeolite crystals collect ions the potential of 
which does not exceed 2.0. 

The potential is very important also for the chemid  behaviour of elements : I may 
mention the similarity of the hydrated ions of tervalent scandium and quadrivalent thorium, 
of bivalent: beryllium and tervalent aluminium. 

Substances with low ionic potential, such as sodium, calcium, and magnesium, remain in 
true ionic solution in the process of weathering and transportation ; those with intermediate 
ionic potential are precipitated by hydrolysis, their ions being associated with hydroxyl 
radicals from aqueous solutions ; and substances with still higher ionic potential form 
anions containing oxygen and usually again soluble to give true ionic solution, The field 
of elements is therefore divided into three parts with respect to ionic potential. 

We can illustrate sediment-forming processes by the following classification of their 
products, showing the analogy between these processes and a chemical analysis. 

Succession of sediments. 
Examples. 

1. Residua Quartz, zircon. 
2. Hydrolysates Bauxite, clays. 
3. Oxydates Limonite, psilomelane. 
4. Carbonates Calcite, dolomite. 
6. Evaporates Chlorides, sulphates, borates. 
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❖ some definitions:

Partitioning experiments

❖ trace elements: very low abundances 

❖  electron microprobe analyses: down to 100 ppm for REE 

❖ LA-ICPMS measurements : down to ppb-ppt level 

❖ SIMS: Ion microprobe analyses; and nanoSIMS for small samples

partition coefficient: Di
1/2 =

Ci
1

Ci
2

Di
s/l = Σj

xjCi
sj

Ci
l

Bulk partition coefficient:

exchange partition coefficient:

Beattie Chem. Geol. 1994

KM/N
1/2 =

CM
1

CM
2

CN
1

CN
2



Crystal/melt partitioning experiments

❖ case of tungsten at ambient P
❖ LA-ICPMS measurements 
❖ Need of standards

Leitzke et al. EPSL 2017

Fonseca et al. EPSL 2014



Cottrell and Walker GCA 2006

Crystal/melt partitioning experiments

❖ trace elements: very low experimental abundances may still be higher than natural 
abundances 

❖  Henry’s law violated if partitioning mechanism changes with concentration

❖ not the case for REE, but can happen for siderophile elements



Partitioning in the upper mantle
❖ Garnet: “host of incompatible trace elements”

❖ Most studies conducted up to 3.5 GPa

Typical mineral/basalt partition coefficients
Albarede Geochemistry 2009



Partitioning in the mantle

Perrillat et al.  JGR 2006 Corgne et al. Lithos 2012

J.-P. Perrillat et al. / Physics of the Earth and Planetary Interiors 157 (2006) 139–149 145

Table 2 (Continued )

P (GPa) T (K) Phases present, unit-cell volumes (Å3) and phase proportion (wt%)

Mg-pv Ca-pv St Cf NAL

50.2b 2650 – – 42.38 (0.02) – –

35.4a 300 – – 42.14 (0.02) – –
40.9% 22.4% 19.8% 10.6% 6.3%

Sample MORB #5
49.6b 2050 148.72 (0.18) 39.35 (0.01) 41.98 (0.02) 207.68 (0.39)

46.2% 27.1% 17.3% 9.4%

52.9b 2200 – – 41.79 (0.01) –
54.2b 2250 – – 41.71 (0.01) –
54.8b 2300 – – 41.69 (0.02) –
54.1b 2500 – – 41.90 (0.02) –
55.5b 2700 – – 41.92 (0.01) –

43.8a 300 – – 41.62 (0.01) –
45.8% 25.7% 18.4% 10.1%

10−4 300 166.69 (0.23) – 47.29 (0.02) 239.91 (0.25)

Temperature was measured by spectroradiometry (see Section 2.3). The unit-cell volumes (Å3) and proportions (wt%) reported for each phase were
obtained by Rietveld refinement of the XRD spectra. Abbreviations are Mg-perovskite, Mg-pv; Ca-perovskite, Ca-pv; stishovite, St; calcium-ferrite
type phase, Cf; new aluminous phase, NAL.

a Pressures were determined from the equation of state of neon (Hemley et al., 1989).
b Pressures were determined from the high-temperature equation of state of stishovite (Liu et al., 1999).

out as chemical diffusion at high pressure can be very
slow (e.g. Poirier, 2000; Béjina et al., 2003; Holzapfel et
al., 2005).

Fig. 3 displays the mineral proportions obtained as a
function of depth in the present study. Mg-rich perovskite
is the dominant phase through the lower mantle (33.3–
46.2 wt%), followed by Ca-rich perovskite (22.3–

Fig. 2. P–T conditions of experiments and position of the NAL-out
reaction. Error bars correspond to pressure and temperature uncer-
tainties as discussed in Section 2.4. A positive P–T slope of +0.008
(±0.006) GPa K−1 is calculated for the NAL-out reaction.

28.6 wt%) and stishovite (16.4–22.3 wt%). The two Al-
rich phases occur in lower amounts (9.4–22.6 wt%); and
the abundance of the NAL phase decreases with increas-
ing pressure. This phase diagram is in good agreement
with those previously proposed by Irifune and Ringwood
(1993), Hirose et al. (1999) and Ono et al. (2001);
though Hirose et al. (2005) reported a higher amount

Fig. 3. Mineral proportions (wt%) in MORB as a function of depth.
The solid circles represent the phase proportions estimated in this study
from Rietveld refinement of the in situ XRD spectra at 2050 K. Previous
estimates by Ono et al. (2001), Hirose et al. (1999) and Irifune and
Ringwood (1993) are reported as squares, triangles and open circles,
respectively. Mineral abundances at shallower depth region are taken
from Irifune et al. (1986).

Mineral proportion in MORB at depth

component at greater depths as pressure and temperature increase
(Fig. 3). As a result, trace element partitioning is likely to be sensitive
to variations in pressure and temperature as a consequence of changes
in crystal lattice strain.

Partition coefficients for major and minor elements are reported
as a function of pressure in Fig. 6 together with data for dry peridotite
compositions from the literature (Corgne and Wood, 2004; Herzberg
and Zhang, 1996; Ito and Takahashi, 1987; Litasov and Ohtani, 2003;
Ohtani et al., 1989; Suzuki et al., 2000; Trønnes and Frost, 2002;
Trønnes et al., 1992; Walter, 1998; Walter et al., 2004; Wang and
Takahashi, 2000). DSi increases with increasing pressure. This is relat-
ed to the increased solubility of majorite component in garnet at
higher pressure. DMg remains relatively constant between 0.9 and
1.0. Some of the scatter is linked to the presence of olivine or
ferropericlase (Mg-rich minerals) coexisting with majoritic garnet in
the melting interval, which leads to lesser Mg in the melt, and
hence higher DMg. DFe averages ~0.4 in the 5–25 GPa range with a
slight decrease with increasing pressure. Like DMg and DFe, DMn is
not significantly affected by variations of pressure, with values

ranging between 0.5 and 0.7. DCa is approximately constant (~0.4)
up to 20 GPa and increases up to ~0.7 at 25 GPa. DAl increases from
~3 at 5 GPa to ~5 at 15 GPa and then decreases to ~3 at 25 GPa,
reflecting variations in both melt and garnet compositions. Melt Al
content decreases up to ~15 GPa and remains constant at higher pres-
sures, while garnet Al content remains approximately constant up to
~10 GPa and then decreases with increasing pressure. Similar obser-
vations were made by Herzberg and Zhang (1996). Fig. 6 shows
that there is a continuous drop of DCr with pressure, from about 3.5
at 5 GPa to 1.5 at 25 GPa. DNa increases by about an order of magni-
tude from 5 (~0.05) to 25 GPa (~0.5), reflecting the stabilisation of
Na-rich garnet at higher pressure (Gasparik, 1990). One possibility
for such stabilisation relates to the Na substitution mechanism in
majorite (Ono and Yasuda, 1996). The incorporation of Na in the
X-site ofmajoritic garnet creates a charge deficit, since the X-site is nor-
mally occupied by divalent cations. At higher pressure, as more Si4+

substitute for Al3+ in the Y-site, charge balancing of Na defects should
be more readily achieved (Irifune et al., 1989). Therefore, Na solubility
should increase with increasing pressure. Another possibility suggested

Fig. 4.Majoritic garnet–melt partition coefficients ordered according to cationic charge and size. (top) Data from this study. Upper bounds are shown for Rb, Sr, Ba, Nd, Ce and La as
indicated by the downward-pointing arrows; (bottom) Comparison of data from this study (in grey) with high-pressure literature data from Corgne andWood (2004), Ohtani et al.
(1989) and Walter et al. (2004).

133A. Corgne et al. / Lithos 148 (2012) 128–141

Majorite/melt



Partitioning in the lower mantle
❖ Ca-bridgmanite: “garnet of the lower mantle”254 K. Hirose et al. / Physics of the Earth and Planetary Interiors 146 (2004) 249–260

Fig. 3. Comparison of CaPv/melt partition coefficients. Open sym-
bols were obtained in this study for peridotite (squares), doped
MORB (circles), and undoped MORB compositions (triangles).
Closed squares, Kato et al. (1996); closed circles, Taura et al.
(2000); crosses, Corgne and Wood (2002).

Th, U, and middle to heavy REE. This could be due in
part to the difference in the major element composi-
tions of coexisting melts; both Kato et al. (1996) and
Taura et al. (2000) obtained partitioning data for the
ultra-calcic melts. However, as suggested by Corgne
and Wood (2002), it is more likely that melt contami-
nation during perovskite analyses caused the observed
proximity to unity in the Kato et al. (1996) and Taura
et al. (2000) data sets. Interestingly, our D values are
even further removed from unity than the Corgne and
Wood (2002) data. The difference may be attributed to
the effect of different melt compositions. The coexist-
ing melts in Corgne and Wood (2002) were enriched
in CaO and did not contain FeO.
CaPv/melt D values for the REE and Y, which sub-

stitute onto the 12-fold coordinated Ca site in CaPv,
show a parabolic dependence on trace element radius
(Fig. 4a). Such parabolic behavior was first observed
for clinopyroxene/lava partitioning of trace elements
over 30 years ago (Onuma et al., 1968), and was
recently also observed for CaPv/melt D values by
Corgne and Wood (2002). The parabolic dependence
can be interpreted with a model (Blundy and Wood,
1994) based on the lattice strain theory of Brice
(1975). This model states that the partition coefficient
Di for an element i with radius ri on a given crystal
lattice site is a function of three parameters: r0, the

Fig. 4. (a) CaPv/melt and (b) MgPv/melt D values for trivalent
cations (REE + Y) entering the CaPv Ca site, plotted against their
radius (so-called Onuma diagrams). Following Corgne and Wood
(2002), ionic radii are values for eight-fold coordinated elements
(Shannon, 1976), as no consistent set of 12-fold coordinated radii
exists. Data (symbols) are from Table 3. Curves are non-linear
least squares fits of data to Eq. (1).

effective radius of the lattice site; D0, the partition co-
efficient for a fictive trace element with ‘ideal’ radius
r0, and E, the apparent Young’s modulus of the site:

Di = D0 exp
!−4πEN

RT

!

r0
2

(ri−r0)
2−1
3
(ri−r0)

3
""

(1)

Hirose et al.  PEPI 2004

3.3. Crystal-Chemistry Considerations

The successful application of the lattice strain model (Brice,
1975; Blundy and Wood, 1994) to our data confirms that crystal
structure makes an important contribution to silicate perovs-
kite-melt partitioning. In this model, the partition coefficient of
an ion i (Di) of radius ri depends on the apparent Young’s
modulus of the site (E), and the partition coefficient (D0) of a
fictive ion of the same charge and of radius r0 which enters the
lattice without strain:

Di ! D0 exp!"4#ENA

RT

r0

2
(ri " r0)

2 $
1

3
(ri " r0)

3 " (1)

where NA is Avogadro’s number, R is the gas constant, and T
is the temperature in K. As shown in Figure 4, this leads for a
suite of isovalent cations entering the large Ca- and Mg-sites to

a near-parabolic dependence of logDi on ionic radius. Best-fit
parameters r0, D0, and E of the lattice strain model are given in
Table 6. In Figure 4, all cations with radius greater than rMg

were allocated to the large site, whereas all cations close to rSi

were assumed to enter the octahedral site. A few ions, notably
Ti4!, Sn4!, Zr4!, Hf4!, Al3!, Ga3! and Sc3!, could in
principle enter the two sites. Comparison of partition coeffi-
cients for these elements with the parabolae based on other
elements suggests that only Ti4! and Al3! are predominantly
present in the octahedral site of both perovskites as well as
Ga3! for CaSiO3 perovskite. Hirose et al. (2004) suggested that
light REE and heavy REE enter two different sites in MgSiO3

perovskite, their partitioning data defining a ’double’ parabola.
We do not find any evidence for this in the present study.
Furthermore, as previously found for other silicates (e.g., van
Westrenen et al., 2000; Corgne and Wood, 2004) and in agree-
ment with the atomistic simulations of Corgne et al. (2003), r0

decreases and E generally increases with increasing charge of
the cation incorporated at the large site of both CaSiO3 and
MgSiO3 perovskites (Table 6). Our results confirm the obser-
vation of Corgne and Wood (2002) that for CaSiO3 perovskite
E4! is not significantly larger than E2! and E3!. It should be
mentioned that the uncertainty in E4! is relatively large, be-
cause fitting is based on elements that are only present on one
side of the parabola.

The mechanism of Al incorporation in MgSiO3 perovskite
has been the subject of considerable debate (e.g., Brodholt,
2000; Andrault et al., 2001). Using the well-constrained parab-
ola for trivalent ions entering the Mg-site, the partition coeffi-
cient for Al entering this site (rAl " 0.67 Å) should be more
than one order of magnitude lower than the observed partition
coefficient. This implies that less than 10% of Al enters the
Mg-site. This observation favours the hypothesis that Al3!

replaces Si4! and that charge compensation takes place either
through Fe3! incorporation on the Mg-site (Wood and Rubie,
1996; McCammon, 1997; Frost and Langenhorst, 2002) or by
production of oxygen vacancies (Brodholt, 2000; Frost and
Langenhorst, 2002). Frost et al. (2004) have shown that the
Fe3! content in aluminous MgSiO3 perovskite is independent
of oxygen fugacity. Therefore, although the conditions in our
experiments were relatively oxidising, we believe the conclu-
sion reached above remains valid at lower oxygen fugacity.

Comparison between the partition coefficients measured for
MgSiO3 perovskite and those measured for CaSiO3 perovskite
shows that the calcic phase much more readily accepts ele-
ments normally regarded as strongly incompatible. D0

3! and
D0

4! for the large site are roughly one order of magnitude
lower for MgSiO3 than for CaSiO3. This may indicate that there
is a fundamental difference in the mechanism of charge com-
pensation in the two phases. The slight increase of D with
increasing the Al content of MgSiO3 perovskite (Fig. 3b)
suggests that the incorporation of 3! and 4! cations in the
large site of MgSiO3 perovskite requires compensation by
substitution of Al3! for Si4!. This could imply that, in CaSiO3

perovskite, a different substitution mechanism, like Ca-vacancy
formation, takes place. Corgne et al. (2003) have, however,
shown that the difference in solution energies for REE3! and
tetravalent cations (including U and Th) are much lower in
CaSiO3 perovskite than in MgSiO3 perovskite for every prob-
able substitution mechanism. They conclude that this feature
alone could explain the significant difference in D0

3! and D0
4!

Fig. 4. Lattice strain model fits to crystal-melt partitioning data for
(a) CaSiO3 perovskite (run H2020b) and (b) MgSiO3 perovskite (run
H2020a). Note the increase of r0 and decrease of E (i.e., wider parabo-
lae) with decreasing charge. Also note that D0

3! and D0
4! are about

one order of magnitude higher for CaSiO3 perovskite than for MgSiO3
perovskite. Fit parameters r0, E and D0 are given in Table 6. Ionic radii
are taken from Shannon (1976). Because ionic radii are not available
for the whole set of elements in 12-fold coordination, we have taken
values corresponding to a eightfold coordinated site for the large site of
CaSiO3 perovskite.

493Partitioning of trace elements between silicate perovskites and silicate melts

Corgne et al.  GCA 2005



Partitioning in the lower mantle
❖ Record: up to 135 GPa in laser-heating diamond-anvil cells          Tateno et al. 2018.

❖ SEM image of recovered sample 
(69 GPa) after LA-ICPMS analyses

❖ In situ X-rays                        
=> mineralogy/
crystallography known



Pushing the limits
❖ DAC experiments and nanoSIMS

❖ shock experiments

❖ X-ray fluorescence 

❖ case of fluid/melt partitioning (fluid can’t be quenched)

❖ case of elements that move upon quenching: volatiles/gases

❖ in situ mapping possible

X-ray fluorescence data collected at 
50 GPa on chondrite sample

Petitgirard et al. Rev. Sci. Instrum. 2012



Thermodynamics

Substitution of element M2+ for Mg in olivine:   MOliq+Mg2SiO4 ⇌ MgOliq+MMgSiO4

ΔG = 0

G = H − TS
= U + PV − TS

⇒ dG = δQ + δW + PdV + VdP − TdS − SdT
= − SdT + VdP

( ∂G
∂P )

T
= V and PV = nRT ⇒ G(P, T ) = G0(T ) + nRT ln

P
P0

At equilibrium:

G is an extensive property, i.e. for i components:
(number of moles ni)

G(P, T ) = ∑
i

ni (μi
0(T ) + RT ln

Pi

P0 )
= ∑

i

niμi

⇒ ( ∂G
∂T )

P
= − S and ( ∂G

∂P )
T

= V

1)

2)

: chemical potential μi

3) For a mixture of real gases:

G(P, T ) = ∑
i

ni (μi
0(T ) + RT ln

fi
P0 )

For a mixture of condensed phases:
G(P, T ) = ∑

i

ni (μi
0(T, P) + RT ln ai)

: gas fugacity fi : activityai

For an ideal gas:

Beattie Chem. Geol. 1994



Thermodynamics

xphase1
i

xphase2
i

= D(T, P, composition, fO2) = k0 exp (−
ΔG0

RT )

Substitution of element M2+ for Mg in olivine:   MOliq+Mg2SiO4 ⇌ MgOliq+MMgSiO4

ΔG = 0At equilibrium:

ΔG(P, T ) = ΔG0(P, T ) + RT (ln aMgO + ln aMMgSiO4
− ln aMO − ln aMg2SiO4)

= ΔG0(P, T ) + RT (ln
aMgOaMMgSiO4

aMOaMg2SiO4
) = ΔG0(P, T ) + RT ln K

Assumption: non-ideality,              ,for element M is the same in both olivine and meltγ =
a
x

ΔG = ΔG0 + RT (ln
xMgOxMMgSiO4

xMOxMg2SiO4
) ⇒ Dol/melt

M = Dol/melt
Mg exp (−

ΔG0

RT )

More generally:

Beattie Chem. Geol. 1994



Thermodynamics

to have quantitative predictions of partitioning as a function of P, T:

Substitution of element M2+ for Mg in olivine:   MOliq+Mg2SiO4 ⇌ MgOliq+MMgSiO4

xolivine
M

xmelt
M

= Dolivine/melt
M (T, P) = DMg exp (−

ΔG0

RT )

ln DM(T, P) = ln DMg − ( ΔH0(T ) − TΔS0(T ) + PΔV0(T )
RT )

= a +
b
T

+
cP
T

=> multi-regression analysis to data as a function of T and P

ln D(T, P, composition, fO2) = a +
b
T

+
cP
T

+ dfO2 + e(nbo/t)
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Table 3
Results for non-linear least squares fitting of the crystal/melt partitioning data to Eq. (1).

Valence Cations* Site r0 1σ E
(GPa)

1σ D0 1σ χ2
v

Clinopyroxene
4+ Hf, Ti, Zr, Re M1(VI-fold) 0.6595 0.0015 6740 745 7.65 2.52 7.4

Orthopyroxene
4+ Hf, Ti, Zr, Re M1(VI-fold) 0.6526 0.0020 7585 835 1.57 0.48 1.9

Olivine
4+ Hf, Ti, Zr, Re M1(VI-fold) 0.6566 0.0015 8612 919 0.27 0.12 4.0

* Re partitioning data from Mallmann and O’Neill (2007). Regressions were weighted with uncertainties in D as measured or 25% and 0.002 A in ionic radius (from 
Shannon, 1976).

Dcrystal/melt
M = D0 exp

!
−4π NA E

RT

"
r0

2
(rM − r0)

2

+ 1
3
(rM − r0)

3
#$

(1)

where r0 is the characteristic size of the lattice site at which lat-
tice strain is minimized, E is the apparent Young’s modulus of the 
site occurring when rM ≠ r0, NA is the Avogadro’s constant, R is 
the universal gas constant, T is temperature, and D0 is the parti-
tion coefficient of a cation with ionic radius r0. Summary of fitting 
results are given in Table 3. With the exception of P5+, U4+ and 
Th4+, all other 4+, 5+ and 6+ cations appear to substitute into 
the octahedral M1 sites of pyroxenes. Tetravalent cations are no-
ticeably more compatible than pentavalent and hexavalent cations. 
Because of its much smaller ionic radius, P5+ likely substitutes for 
Si in tetrahedral sites. U4+ and Th4+ are considerably larger than 
the other tetravalent cations and, therefore, may substitute along 
with the REEs in M2 sites. Partitioning of HFSE between olivine 
and melt is overall very similar to that of pyroxenes, with most 
HFSE cations entering the smaller octahedral M1 site of olivine. 
Exceptions are again P5+, U4+ and Th4+, with P5+ most likely sub-
stituting for Si in tetrahedral sites (e.g. Mallmann et al., 2009), and 
U4+ and Th4+ entering the slightly larger octahedral M2 site of 
olivine. It should be noted that, because there are not sufficient 
constraints to fit all three unknowns in Eq. (1) for pentavalent and 
hexavalent cations in pyroxenes and olivine, we have not been able 
to constrain E for hexavalent and pentavalent cations in the M1 
site. However, Hill et al. (2011, 2012) have recently shown that 
E should increase in the M1 site as a result of increasing cation 
charge. Unfortunately, to the best of our knowledge, there is no 
study constraining the lattice strain parameters of pentavalent and 
hexavalent elements in silicates. This is likely due to the simple 
fact that there are not many pentavalent and hexavalent elements 
present in the most common rock-forming minerals.

The parabolae obtained for tetravalent cations enable partition 
coefficients of W4+ to be predicted. Taking the ionic radius of W4+

in VI-fold coordination to be 0.66 (Shannon, 1976), the following 
values are obtained: Dcpx/m

W4+ = 7.4, Dopx/m
W4+ = 1.4, and Dol/m

W4+ = 0.26.
These values are much higher than those determined experimen-
tally (see Fig. 3). For example, all Dcpx/melt

W presented here and in 
the literature are far lower than the expected Dcpx/m

W4+ of 7.4. The 
implication of this is that only a small proportion of W4+ is actu-
ally present at QFM and that the bulk of the W is in a hexavalent 
state in the melt in agreement with previous studies (e.g. O’Neill 
et al., 2008, Wade et al., 2012, 2013). Given these constraints, we 
fit the partitioning data for U and W to the following expression:

Dcrystal/melt
M =

Dcrystal/melt
M4+ K ( f O2)

−1/2 + Dcrystal/melt
M6+

1 + K ( f O2)−1/2 (2)

where K is the equilibrium constant for the redox reaction 
M6+O3 = M4+O2 + (1/2)O2 and M is either W or U (see

Table 4
Non-linear least squares fits to Equation (2).

K D4+ D6+ n χ2
v

Tungsten
cpx 1.02E-09 7.4a 0.00004b 8 1.94
opx 4.60E-08 1.4a 0.00070 11 1.75
olv 1.87E-08 0.26a 0.00003 9 0.62

Uranium
cpx 2.19E-05 0.0099 0.00037 8 0.64
opx 1.95E-05 0.0040 0.00020 9 0.52
olv 2.35E-05 0.000010 0.0000017 6 0.25

a Constrained from the lattice strain fit of tetravalent cations.
b Defined from average values at the oxidizing plateau.

Mallmann and O’Neill, 2007, 2009 for details). The results of the 
fit are summarized in Table 4 and are plotted as full lines in Fig. 3.

5.2. Comparison with previous work

O’Neill et al. (2008) have shown using XANES spectroscopy that 
W in silicate melt is predominantly hexavalent over the range of 
f O2 reported for solar system materials (i.e. more oxidized than 
IW-5; Wadhwa, 2008). The results of O’Neill et al. (2008) have 
since been supported by similar observations by Cottrell et al.
(2009) and Wade et al. (2012, 2013). However, from our results, 
the systematic variability of W partition coefficients with f O2 is 
consistent with a minor, albeit important, contribution of W4+

to the bulk W content of the silicate melt. Indeed, the large dif-
ferences between the partition coefficients determined here for 
clinopyroxene, orthopyroxene and olivine and those obtained by 
Righter and Shearer (2003), Adam and Green (2006), Frei et al.
(2009), van Kan Parker et al. (2010) and Dygert et al., 2014 are 
reconciled once f O2 is taken into account, despite including data 
from experiments where clinopyroxene and orthopyroxene have 
higher IVAl contents (Fig. 3a-c). Furthermore, Dcpx/melt

W , Dopx/melt
W

and Dolv/melt
W are nearly constant over the range of f O2 where W 

is exclusively hexavalent (i.e. above QFM), in agreement with Bali 
et al. (2012), irrespective of the concentration of W in the melt 
(0.067 to 4.4 wt.%) suggesting that Henry’s law is obeyed. There are 
few Dplg/melt

W data available in the literature. Righter and Shearer

(2003) reported only two experiments where Dplg/melt
W were de-

termined, with values ranging between 0.003 (run #9b) and 0.028 
(run #133). Our own values are lower than those reported by these 
authors and span a range between 6 × 10−5 (SE1-3b) and 0.0016 
(AT-3) and do not correlate with f O2. It is possible, however, 
that the discrepancy between our Dplg/melt

W and those reported by 
Righter and Shearer (2003) could be explained by variations in 
f O2, as Righter and Shearer’s experiments were qualitatively more 
reduced than those reported here. Additional experimental data 
are needed to fully explore this possibility to the same extent as 
for clinopyroxene, orthopyroxene and olivine.
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Fig. 3. Partitioning of W and U as a function of f O2 (given relative to the QFM redox equilibrium) between (a, d) clinopyroxene, (b, e) orthopyroxene, (c, f) olivine, and 
haplobasaltic melt. Also shown are the best fits of the partitioning data to equation (2). Only data that was fit to equation (2) are shown. Fitted parameters are given in 
Table 4. Error bars are 1σ standard deviation. Selected literature partitioning data for W (Righter and Shearer, 2003; Adam and Green, 2006; and van Kan Parker et al., 
2011), and U (LaTourrette and Burnett, 1992; Kennedy et al., 1993; Beattie, 1993; Dunn and Sen, 1994; Lundstrom et al., 1994; Wood et al., 1999; McDade et al., 2003;
Adam and Green, 2006; van Kan Parker et al., 2012; and Dygert et al., 2014) are shown for comparison. Whenever data from previous studies was produced at unconstrained 
f O2, this parameter was calculated based on Dcpx/melt

V measured in the experiments using the relationship between Dcpx/melt
V , Dolv/melt

V and f O2 calibrated by Mallmann and 
O’Neill (2009, 2013).

Due to interest in interpreting U/Th disequilibrium series dur-
ing partial melting, a wealth of data exists on the partitioning of 
U and Th between liquidus phases and silicate melt (LaTourrette 
and Burnett, 1992; Beattie, 1993; Kennedy et al., 1993; Dunn and 

Sen, 1994; Lundstrom et al., 1994; Wood et al., 1999; Wood and 
Trigila, 2001; Blundy and Wood, 2003; Adam and Green, 2006;
Frei et al., 2009; van Kan Parker et al., 2012). Unlike Th, which 
is always tetravalent, U changes oxidation state as a function of 

❖ effect of fO2 on partitioning:

W data: Cottrell et al. EPSL 2009



❖ effect of fO2 on partitioning, input from EXAFS 
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and the maximum in the first derivative used to correlate from one
sample to another. L3-edge energies given in Table 1 were calibrated
relative to WO3 which has an edge energy of 10209.7 eV (O'Neill
et al., 2008).

3. Discussion and Conclusions

The principal motivation for our study was the difference between
the average oxidation state of W in metal-silicate experiments at high
pressures estimated by Cottrell et al. (2009) and that derived by
Wade and Wood (2005). In the former case a decline from~4.7
(at 0.5-2 GPa) to~4.4 (6–18 GPa) was reported while Wade and
Wood (2005) found that an oxidation state in the silicate of+6 fitted
all the available experimental partitioning data. Fig. 1 shows the liq-
uid metal-liquid silicate partitioning data used by Wade et al. as sup-
port for their inference that W6+ dominates at 1650 °C and 1.5 GPa,
together with data from experiments performed under the same condi-
tions in this study. All starting silicate compositions were An50Di28Fo22
and all experiments were performed in MgO capsules. Hence the sil-
icate matrix is essentially constant, with significant variation arising
only from moderate changes in the FeO content of the silicate melt.
Oxygen fugacity was calculated relative to the Fe-FeO equilibrium

logf O2
IWð Þ;¼ 2; log asilFeO

amet
Fe

! "
with the assumption that FeO mixes ideal-

ly in the silicate (aFeO=XFeO), while the activity coefficients for W
and Fe in the metal were calculated using the epsilon activity
model (http://www.earth.ox.ac.uk/~expet/metalact/). The former
assumption probably leads to a slight underestimate of oxygen fu-
gacity because activity coefficients of FeO in silicate melts are gener-
ally greater than 1 (O'NEILL and EGGINS, 2002). Since however O'Neill
and Eggins (2002) did not measure activities in the Mg-rich melts
typical of our study and the partial molar volume and compressibil-
ity of FeO dissolved in Mg-rich silicate melt at high pressures are un-
known we consider that the ideal assumption is as good as can be
made at present. As can be seen, the data, which have been extended
to lower oxygen fugacity in this study, are consistent with a+6 oxi-
dation state of W at oxygen fugacities down to 3.5 log units below
the IW (Fe-FeO) buffer. As discussed below, XANES measurements
made in this study on the quenched melts from this oxygen fugacity
range confirm that W6+ dominates in the silicate in this oxygen
fugacity range.

Fig. 2 shows spectra of the glass standards prepared at known oxy-
gen fugacity at 1 atmosphere and of WO2 andWO3 (Table 1). The spec-
tra were normalised as discussed above using Athena, then plotted as a
function of energy in Fig. 2. As can be seen from Fig. 2, all standardswith
the exception of those generated in pure CO (oxygen fugacity approxi-
mately IW-5.5) have L3-edge energies indistinguishable from that of
WO3. Samples generated at IW-5.5 have edge energies about 2.4 eV
lower than those produced at higher oxygen fugacities with values
close to, or slightly below that of WO2 . This energy shift is consistent
with a change in predominant oxidation state from+6 to+4, as
observed by O'Neill et al. (2008). The energy difference between
W4+ and W6+ in the glasses is slightly larger than that between
WO3 and WO2, possibly due to some surface oxidation of the latter
(Figs. 2,3). Since these samples have lost most of their W (Table 1)
as metal, either to the wire suspension loop or to dispersed
micronuggets of W, an alternative explanation is that the low
white-line energy of the glass samples is due to contamination
with W0 for which the L3-edge energy is below that in WO2. Howev-
er, contamination of the most reduced sample spectra with the spec-
trum ofW0would not change our principal conclusion. This is that, at
oxygen fugacities between IW+9 and some value between IW-1
and IW-5.5 W is present in the silicate glasses almost exclusively as
W6+. This result is even clearer in Fig. 3 which shows the first
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Fig. 2. NormalisedW L3-edge spectra of the silicate glass standards (Table 1) compared
with those of WO3 and WO2.
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Fig. 3. Plot of the first derivative of the smoothed (using 3-point smoothing in Athena) normalised intensity versus energy for W-bearing standard glasses synthesised over a range
of oxygen fugacities from IW-5.5 to air (IW+9). Also shown are WO3 and WO2 powders analysed in fluorescence mode. As can be seen, all but the most reducing conditions gen-
erate an edge energy indistinguishable from that of WO3. The spectra of the most reduced samples are of lower quality because of the low solubility of W under these conditions
(Table 1).
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derivatives of the spectra for standards and silicates from metal sili-
cate partitioning experiments. All of the standards except those pre-
pared in pure CO (~IW-5.5) have edge energies indistinguishable
from that in WO3.

Fig. 4 shows the maxima in the first derivatives of L3-edge ener-
gies from the experimental metal-silicate partitioning products used
by Wade and Wood (2005) to determine the pressure-temperature-
oxygen fugacity dependencies of W partitioning behaviour. For refer-
ence we include a curve illustrating the transition interval from W6+

to W4+ expected from the stoichiometry of the WO2-WO3 oxidation
reaction. As can be seen, all of the experimentally-produced silicates,
which cover a narrow oxygen fugacity range (IW-1.1 to IW-3.5) but a
wide pressure range (1.5-25 GPa) have W L3-edge energies indistin-
guishable from that of WO3 and those of the 1-atm standards prepared
at oxygen fugacities≥ IW-1. It is clear that there is no evidence ofmixed
oxidation state in any of themetal-silicate partitioning experiments and
that, as deduced from the fO2-dependence of partitioning behaviour,
W6+ is the dominant oxidation state at all oxygen fugacities above
IW-3.6. Furthermore, W oxidation states in experiments at pressures
of 24 and 25 GPa are completely consistent with those at 1.5 GPa,
confirming that W oxidation state is independent of pressure. Final-
ly, it might be argued that W could change oxidation state during
quenching of the experiment through transfer of electrons to iron,
the dominant element of variable oxidation state in our experimen-
tal products (H. O'Neill, pers. comm). Since, however the ratio of
Fe3+/Fe2+ in silicatemelts is b0.01 under these highly reducing con-
ditions (KILINC et al., 1983) the number of electron acceptors avail-
able during quenching is extremely small. We therefore consider it
extremely unlikely that quench modification could have affected
our results.
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Change of W speciation with fO2, no P-trend observed on quenched melts

Crystal/melt partitioning experiments



The lattice strain model
❖ crystal chemistry: trace elements substitute to major cations of similar ionic radius
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❖ thermodynamic formalism:

The lattice strain model

Di = D0 exp
−4πENA ( r0

2 (ri − r0)2 + 1
3 (ri − r0)3)

RT
Blundy and Wood  Nature 1994

❖ by assuming no strain in the melt:

ΔGstrain = 4πE ( 1
2 (rj − r0)

2
+

1
3 (rj − r0)

3)

D0, the strain-free partition coefficient of a cation having the radius r0

Brice Crystal Growth 1975

xolivine
M

xmelt
M

= Dolivine/melt
M (T, P) = DMg exp (−

ΔG0

RT )

❖ Brice: calculated the strain associated to the insertion of a dopant in a crystal



The lattice strain model

Di = D0 exp
−4πENA ( r0

2 (ri − r0)2 + 1
3 (ri − r0)3)

RT

Blundy and Wood  Nature 1994

❖ E related to bulk modulus
E = 3KT(1 − 2ν) ∼ 1.5KT

r0

D0

related to E0



The lattice strain model
Di = D0 exp

−4πENA ( r0

2 (ri − r0)2 + 1
3 (ri − r0)3)

RT
❖ refinement: D0, E and r0 as a function 

of P, T, composition 

Sun and Liang  Chem. Geol. 2013van Westrenen et al.  Contrib. 2001
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change from tetrahedral to octahedral at higher pressure. They
suggested that crystal/melt partition coefficients for these ele-
ments would decrease by an order of magnitude under lower man-
tle conditions due to the change in local melt structure.

A change in melt structure with pressure is also reported in
more mafic melt (e.g., forsterite). At ambient pressure, forsterite
melt is composed of MgO4, MgO5, MgO6 polyhedras which form
network structure with interstitial SiO4 tetrahedra and Si2O7 di-
mers (Kohara et al., 2004). Wilding et al. (2012) investigated the
pressure dependence of the local structure of a silicate melt whose
with a composition close to that of forsterite (62 mol% MgO,
38 mol% SiO2) using in-situ high pressure experiments. They re-
ported that the mean coordination number of Mg increased from
4.6 at ambient pressure to 5.6 at 8.6 GPa. This means that the
MgO4 site decreases and MgO6 site increases with pressure. This
change in M–O polyhedra is similar to that in the albite melt re-
ported by Keppler and Rubie (1993).

Van Westrenen et al. (2000) showed the effect of the local melt
structure changes on tri-valent PC–IR diagrams in garnet melt sys-
tems by theoretical calculations using the General Utility Lattice
Program (GULP; Gale, 1997). They hypothesized local structures
that resemble J2O3 (oxide) and J3Al5O12 (garnet) in silicate melt
coexisting with garnet. They showed that calculated partition coef-
ficients between silicate melt with the garnet-like site and garnet
are more consistent with experimental data than those between
silicate melt with the oxide-like site and garnet. Accordingly, they
proposed that the presence and structure of coexisting silicate melt
influenced partition coefficients and the absolute values of r0 and E.
Therefore, we have to consider the effect of the local melt structure
on the changes in partition coefficients.

In order to consider the melt structure effect on partition coef-
ficients, we apply the lattice strain model to melt employing a very
simple assumption that the size of sites in the melt is equal to
those of olivine. The free energy by strain in the melt, DGmelt

strain, is
then written as:

DGmelt
strain ¼ 4pEmeltNA

r0

2
ðri # r0Þ2 þ

1
3
ðri # r0Þ3

! "
; ð8Þ

where Emelt is the Young’s modulus of a site in the melt and r0 is the
optimum size of the site in olivine. Using this equation, the lattice
strain model of Blundy and Wood (1994) is expanded as:

Di & ðP; T;XÞ ¼ D0ðP; T;XÞ

' exp
# 4pNA

RT
ðEolivine # EmeltÞ

r0

2
ðri # r0Þ2 þ
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3
ðri # r0Þ3

! "# $
:

ð9Þ

where Eolivine is the Young’s modulus of the M-site in olivine.
ðEolivine # EmeltÞ in Eq. (9) corresponds to E in Eq. (2). In this formu-
lation, decreasing E with pressure equates to decreasing
ðEolivine # EmeltÞ. When Eolivine is constant with pressure (Hazen and
Finger, 1982), Emelt will increase with pressure. In other words,
the M-site in the melt becomes ‘harder’ with pressure.

The observed change in the apparent Young’s modulus of the
M-site of olivine (see Table 6), implies that Emelt at 10 GPa would
amount to 1/4 Ecrystal. Calculations were also made assuming that
r0 in the melt structure is different from r0 in the crystal. Essen-
tially the same conclusion was obtained when the difference in
r0 is small (<5%). On the other hand, the parabola cannot be fitted
when the difference in r0 is large (>10%).

Although our model is still primitive (in that it assumes an iden-
tical site size between melt and crystal), it is important to note that
our model predicts that the effect of the melt structure becomes
increasingly important for element partitioning at very high pres-
sures. Further investigations on the pressure dependence of parti-

tion coefficients between crystal and silicate melt, involving wider
pressure ranges, are necessary.

Acknowledgements

The authors are grateful to T.D. Yokoyama for his advice in LA-
ICP-MS measurements. We also thank K. Kawamura, H. Iwamori
and K. Mibe for their valuable comments. J. Tuff improved the man-
uscript and gave us some comments. Constructive comments by
W. Van Westrenen and J. Kimura were helpful to improve the man-
uscript. Part of this research was supported by Grants-in-Aid for
JSPS Fellows.

References

Agee, C., Walker, D., 1990. Aluminum partitioning between olivine and ultrabasic
silicate liquid to 6 GPa. Contrib. Mineral. Petrol. 105, 243–254.

Aoki, I., Takahashi, E., 2004. Density of MORB eclogite in the upper mantle. Phys.
Earth Planet. Int. 143–144, 129–143.

Beattie, P., Drake, M., Jones, J., Leeman, W., Longhi, J., Mckey, G., Nielsen, R., Palme,
H., Shaw, D., Takahashi, E., Watson, B., 1993. Terminology for trace-element
partitioning. Geochim. Cosmochim. Acta 57, 1605–1606.

Beattie, P., 1994. Systematics and energetics of trace-element partitioning between
olivine and silicate melts: implications for the nature of mineral/melt
partitioning. Chem. Geol. 117, 57–71.

Blundy, J., Wood, B., 1994. Prediction of crystal–melt partition coefficients from
elastic moduli. Nature 372, 452–454.

Borisov, A., Pack, A., Kropf, A., Palme, H., 2008. Partitioning of Na between olivine
and melt: an experimental study with application to the formation of meteoritic
Na2O-rich chondrule glass and refractory forsterite grains. Geochim.
Cosmochim. Acta 72, 5558–5573.

Brice, J., 1975. Some thermodynamic aspects of the growth of strained crystals. J.
Cryst. Growth 28, 249–253.

Canil, D., 2002. Vanadium in peridotites, mantle redox and tectonic environments:
Archean to present. Earth Planet. Sci. Lett. 195, 75–90.

Eggins, S., Kinsley, L., Shelley, J., 1998. Deposition and element fractionation
processes duri atmospheric pressure laser sampling for analysis by ICP-MS.
Appl. Surf. Sci. 127–129, 278–286.

Evans, T., O’Neill, H.St.C., Tuff, J., 2008. The influence of melt composition on the
partitioning of REEs, Y, Sc, Zr and Al between forsterite and melt in the system
CMAS. Geochim. Cosmochim. Acta 72, 5708–5721.

Gale, J., 1997. GULP: a computer program for the symmetry-adapted simulation of
solids. J. Chem. Soc. Faraday Trans. 93, 629–637.

Grant, K., Wood, B., 2010. Experimental study of the incorporation of Li, Sc, Al and
other trace elements into olivine. Geochim. Cosmochim. Acta 74, 2412–2428.

Guillong, M., Günther, D., 2002. Effect of particle size on ICP-induced elemental
fractionation on laser ablation-inductively coupled plasma-mass spectrometry.
J. Anal. At. Spectrom. 17, 831–837.

Hazen, R., 1976. Effect of temperature and pressure on the crystal structure of
forsterite. Am. Mineral. 61, 1280–1293.

Hazen, M., Finger, L., 1982. Comparative Crystal Chemistry: Temperature, Pressure,
Composition, and the Variation of Crystal Structure. Wiley, New York.

Kennedy, A., Lofgren, G., Wasserburg, G., 1993. An experimental study of trace
element partitioning between olivine, orthopyroxene and melt in chondrules:
equilibrium values and kinetic effects. Earth Planet. Sci. Lett. 115, 177–195.

Keppler, H., Rubie, D., 1993. Pressure-induced coordination changes of transition-
metal ions in silicate melts. Nature 364, 221–228.

Kohara, S., Suzuya, K., Loong, C., Grimsditch, M., Weber, J., Tangeman, J., Key, T.,
2004. Glass formation at the limit of insufficient network formers. Science 303,
1649. http://dx.doi.org/10.1126/science.1095047.

Liu, W., Li, B., 2006. Thermal equation of state of (Mg0.9Fe0.1)2SiO4 olivine. Phys.
Earth Planet. Int. 157, 188–195.

Matsui, Y., Onuma, N., Nagasawa, H., Higuchi, H., Banno, S., 1977. Crystal structure
control in trace element partition between crystal and magma. Bull. Soc. Fr.
Mineral. Crystallogr. 100, 315–324.

Matsukage, K., Kubo, K., 2003. Chromian spinel during melting experiments of dry
peridotite KLB-1 at 1.0–2.5 GPa. Am. Mineral. 88, 1271–1278.

Onuma, N., Higuchi, H., Wakita, H., Nagasawa, H., 1968. Trace element partition
between two pyroxenes and the host lava. Earth Planet. Sci. Lett. 5, 47–51.

Ozawa, S., 1991. Trivalent cations in olivine and their implication to the upper
mantle tectonics as inferred from the high pressure experiments. Doctral thesis,
University of Tokyo.

Pearce, N., Perkins, W., Westgate, J., Gorton, M., Jackson, S., Neal, C., Chenery, S.,
1996. A complication of new and published major and trace element data for
NIST SRM 610 and NIST SRM 612 glass reference materials. Geostand. Newsl.
21, 115–144.

Schreiber, H., Haskin, L., 1976. Chromium in basalts: experimental determination of
redox states and partitioning among synthetic silicate phases. Proc. Lunar Sci.
Conf. 7th, 1221–1259.

74 T. Imai et al. / Physics of the Earth and Planetary Interiors 212–213 (2012) 64–75

Corgne et al. Lithos 2012

Majorite/melt partitioning



Schmidt et al.  Science 2016

Importance of melt structure
❖ Test of the influence of melt structure: case of melt-melt 

immiscibility ⇒ melt composition (i.e. degree of polymerization) 
controls element partitioning

0.3-0.7 GPa/1100-1240°C



Schmidt et al.  Science 2016

Importance of melt structure
❖ Test of the influence of melt structure: case of melt-melt 

immiscibility ⇒ melt composition (i.e. degree of polymerization) 
controls element partitioning



Importance of melt structure
❖ influence of melt structure: case of melt-melt immiscibility 

high pressure experiments using a centrifuging piston-
cylinder press (ETHZ)



Martin et al.  JPet 2013

❖ influence of melt structure: case of melt-melt immiscibility 
⇒ melt composition (i.e. degree of polymerization) controls 
element partitioning

Influence of melt structure on partitioning



❖ Structure of silicate melts: rings and cavities

Influence of melt structure on partitioning

SEM image SiO2 glass monolayer

Huang et al. Nano Lett. 2012

❖ Structure of mantle silicates



Haigis et al. GCA 2013, Wagner et al. GCA 2017
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Influence of melt structure on partitioning

through rescaling (CSVR, Bussi et al., 2007) was used to
control T (and P). Periodic boundary conditions were
applied at all times.

2.2. Thermodynamic integration

Thermodynamic integration is a means to extract free
energies from MD simulations (Frenkel and Smit, 2002).
The change in free energy of a reaction is obtained by inte-
grating changes in total energy over a reaction path. In an
MD simulation framework, one possible reaction path is an
alchemical transmutation in which the identity of an atom
is gradually changed (e.g. Al is transmuted into Y). In this
study, an exemplary reaction would be the exchange of Al
and Y between a gabbro and granite melt:

Y 3þ
granite þ Al3þgabbro ! Al3þgranite þ Y 3þ

gabbro ð2Þ

This reaction is split into two separate sub-reactions,
each comprising one alchemical transmutation:

Y 3þ
gabbro ! Al3þgabbro

Y 3þ
granite ! Al3þgranite

ð3Þ

The progress along the reaction path for each transmu-
tation is measured by a transmutation parameter k, taking
values from 0 to 1. The transmuted element is 100% Y3+ for
k equals 0 and 100% Al3+ once k equals 1. During each step
of the transmutation, forces f and energies V are computed
for each end-member configuration (one containing Y3+,
one Al3+). The resulting force f mix during a transmutation
is calculated as a linear combination of the two end-
members as:

f mix ¼ ð1% kÞf Y þ kf Al ð4Þ

The final change in Helmholtz free energy DF for one of
the transmutations in Eq. (3) is given by the integral over
the average energy difference between the two end-
members:

DF ¼
Z 1

0

@V k

@k

! "

k

dk ¼
Z 1

0

hV Al % V Y ikdk ð5Þ

V Al % V Y is evaluated at each MD step, the angular brack-
ets indicate the average over time. In this study, we used
three intermediate values for k (0.25, 0.5, 0.75) in addition
to the end-members. The total change in free energy
DGexc of Eq. (2) is then obtained as:

DGexc ¼ DF Y!Al
granite % DF Y!Al

gabbro ð6Þ

assuming that DG & DF for P = 1 bar.
In order to ensure path independence, every transmuta-

tion is conducted forwards and backwards, using the out-
put configuration of the forward reaction as input for the
back-reaction. MD simulations for these thermodynamic
integrations were performed at constant volume and tem-
perature (NVT) at 2500 K (classical) and 3000 K (first-
principles), also using a CSVR thermostat. Each integration
step was run for at least 100 ps (up to 500 ps) in the classical
and at least 20 ps (up to 30 ps) in the first-principles based

simulations. We used the last 50 ps (15 ps in the first-
principles case) of each run for the analysis. There were
two reasons for choosing two different temperatures for
first-principles and classical integrations: (1) Because of
the computational demand, simulation times are much
shorter in the first-principles case. In order to compensate
for this and achieve equilibrium more quickly in each trans-
mutation step, the temperature is set to 3000 K in the first-
principles simulations. (2) With increasing temperature it
becomes harder to converge the electronic multipoles in
the classical potential. At 3000 K, the classical simulation
often becomes unstable during a 100 ps long MD simula-
tion and thus we decided to keep the temperature at
2500 K. Also, a temperature of 2500 K is closer to experi-
mental conditions.

In general, classical and first-principles simulations yield
different absolute internal energies and errors for a given
melt composition, k; T and V. However, the relative energy
differences between two melts at equal k; T and V were
expected to be comparable between the two approaches.
Further, we assumed that the melt structure does not
change significantly between 2500 and 3000 K and hence
the derived free energy differences are not strongly affected
by the temperature difference. The validity of this assump-
tion is discussed in Section 4.1.

2.3. Structural analysis

To gain further insight into structural controls of the
partitioning behavior we analyze the radial distribution
functions (RDF) for each individual system and integration
step. RDFs represent the likelihood to find a specific pair of
atoms at a distance r, normalized to the mean atomic num-
ber density. For individual atom types i and j the partial
RDF is defined as:

gijðrÞ ¼
1

cicjq0N

XNi

a¼1

XNj

b¼1

dðr% ðra % rbÞÞ

* +

ð7Þ

In Eq. (7), N is the total number of atoms, q0 the atomic
number density, ci is the concentration and Ni number of
atom type i. ra and rb are atomic position vectors of atoms
a and b, r is a distance vector with length r. d is the Kro-
necker delta. Peak positions in gijðrÞ represent the most
probable bond distance in the corresponding coordination
shell. From Eq. (7) we may derive the average coordination
of atom type i by j by integrating gijðrÞ to its first minimum.
Comparing RDFs derived from first-principles and classical
simulations also gives us a tendency of the accuracy of the
structure predicted by our classical potentials.

To describe medium range order in melts, it is common
practice to analyze the interplay of network formers such as
Si, Al and Ti and network modifiers, i.e. larger cations such
as Ca and Mg (Mysen, 2004). This is done by analyzing the
interlinkage of oxygen atoms between those species. Oxy-
gen atoms that link two 4-fold (tetrahedrally) coordinated
network formers (T) are considered to be bridging oxygen
(BO). A terminal oxygen, bonded to only one network for-
mer is considered non-bridging (NBO). The ratio NBO/T
acts as a measure of depolymerization of the melt.
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through rescaling (CSVR, Bussi et al., 2007) was used to
control T (and P). Periodic boundary conditions were
applied at all times.

2.2. Thermodynamic integration

Thermodynamic integration is a means to extract free
energies from MD simulations (Frenkel and Smit, 2002).
The change in free energy of a reaction is obtained by inte-
grating changes in total energy over a reaction path. In an
MD simulation framework, one possible reaction path is an
alchemical transmutation in which the identity of an atom
is gradually changed (e.g. Al is transmuted into Y). In this
study, an exemplary reaction would be the exchange of Al
and Y between a gabbro and granite melt:

Y 3þ
granite þ Al3þgabbro ! Al3þgranite þ Y 3þ

gabbro ð2Þ

This reaction is split into two separate sub-reactions,
each comprising one alchemical transmutation:

Y 3þ
gabbro ! Al3þgabbro

Y 3þ
granite ! Al3þgranite

ð3Þ

The progress along the reaction path for each transmu-
tation is measured by a transmutation parameter k, taking
values from 0 to 1. The transmuted element is 100% Y3+ for
k equals 0 and 100% Al3+ once k equals 1. During each step
of the transmutation, forces f and energies V are computed
for each end-member configuration (one containing Y3+,
one Al3+). The resulting force f mix during a transmutation
is calculated as a linear combination of the two end-
members as:

f mix ¼ ð1% kÞf Y þ kf Al ð4Þ

The final change in Helmholtz free energy DF for one of
the transmutations in Eq. (3) is given by the integral over
the average energy difference between the two end-
members:
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V Al % V Y is evaluated at each MD step, the angular brack-
ets indicate the average over time. In this study, we used
three intermediate values for k (0.25, 0.5, 0.75) in addition
to the end-members. The total change in free energy
DGexc of Eq. (2) is then obtained as:

DGexc ¼ DF Y!Al
granite % DF Y!Al

gabbro ð6Þ

assuming that DG & DF for P = 1 bar.
In order to ensure path independence, every transmuta-

tion is conducted forwards and backwards, using the out-
put configuration of the forward reaction as input for the
back-reaction. MD simulations for these thermodynamic
integrations were performed at constant volume and tem-
perature (NVT) at 2500 K (classical) and 3000 K (first-
principles), also using a CSVR thermostat. Each integration
step was run for at least 100 ps (up to 500 ps) in the classical
and at least 20 ps (up to 30 ps) in the first-principles based

simulations. We used the last 50 ps (15 ps in the first-
principles case) of each run for the analysis. There were
two reasons for choosing two different temperatures for
first-principles and classical integrations: (1) Because of
the computational demand, simulation times are much
shorter in the first-principles case. In order to compensate
for this and achieve equilibrium more quickly in each trans-
mutation step, the temperature is set to 3000 K in the first-
principles simulations. (2) With increasing temperature it
becomes harder to converge the electronic multipoles in
the classical potential. At 3000 K, the classical simulation
often becomes unstable during a 100 ps long MD simula-
tion and thus we decided to keep the temperature at
2500 K. Also, a temperature of 2500 K is closer to experi-
mental conditions.

In general, classical and first-principles simulations yield
different absolute internal energies and errors for a given
melt composition, k; T and V. However, the relative energy
differences between two melts at equal k; T and V were
expected to be comparable between the two approaches.
Further, we assumed that the melt structure does not
change significantly between 2500 and 3000 K and hence
the derived free energy differences are not strongly affected
by the temperature difference. The validity of this assump-
tion is discussed in Section 4.1.

2.3. Structural analysis

To gain further insight into structural controls of the
partitioning behavior we analyze the radial distribution
functions (RDF) for each individual system and integration
step. RDFs represent the likelihood to find a specific pair of
atoms at a distance r, normalized to the mean atomic num-
ber density. For individual atom types i and j the partial
RDF is defined as:

gijðrÞ ¼
1

cicjq0N

XNi

a¼1

XNj
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dðr% ðra % rbÞÞ
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In Eq. (7), N is the total number of atoms, q0 the atomic
number density, ci is the concentration and Ni number of
atom type i. ra and rb are atomic position vectors of atoms
a and b, r is a distance vector with length r. d is the Kro-
necker delta. Peak positions in gijðrÞ represent the most
probable bond distance in the corresponding coordination
shell. From Eq. (7) we may derive the average coordination
of atom type i by j by integrating gijðrÞ to its first minimum.
Comparing RDFs derived from first-principles and classical
simulations also gives us a tendency of the accuracy of the
structure predicted by our classical potentials.

To describe medium range order in melts, it is common
practice to analyze the interplay of network formers such as
Si, Al and Ti and network modifiers, i.e. larger cations such
as Ca and Mg (Mysen, 2004). This is done by analyzing the
interlinkage of oxygen atoms between those species. Oxy-
gen atoms that link two 4-fold (tetrahedrally) coordinated
network formers (T) are considered to be bridging oxygen
(BO). A terminal oxygen, bonded to only one network for-
mer is considered non-bridging (NBO). The ratio NBO/T
acts as a measure of depolymerization of the melt.
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where T is the temperature and R the universal gas con-
stant. The resulting equilibrium constants Kexc are given
in Table 3 (third column). To illustrate the structural
response to the thermodynamic integration within the melt,
we also plot the partial RDF of the transmuted atom for
each intermediate step in the inset in Fig. 2. Between the
two end-members representing the ordinary partial RDF
of Al and Y, there is a gradual transition of the RDF
(and with it, coordination environment) via an intermedi-
ate, theoretical element. The results of the classical simula-
tions for various starting configurations of gabbro and
granite agree well, as they all predict equilibrium constants
of about 4 at 2500 K, no matter whether one or two Y are
transmuted. Also, there seems to be no finite size effect at
least for these transmutations as similar results are obtained
from large cells containing up to 856 atoms (denoted with
super in Table 3). The transmutations based on first-
principles however are less distinct. Two independent trans-
mutations of Y in gabbro and granite both give equilibrium
constants close to one at 3000 K. The arsenic transmutation
gives Kexc ¼ 0:3. The exchange of Al and Y between the two
Ti-bearing silicate melts results in an equilibrium constant
of 3.5 at 3000 K, which suggests preferential partitioning
of Y into the less polymerized melt (asi200, see discussion).

4. DISCUSSION

4.1. Predicting trace element partitioning

The equilibrium constant of the exchange reaction Kexc

relates to element concentrations in the involved phases
by taking into account the activity coefficients c (in the case
of melts), giving

Kexc "
cAlgabbroc

Y
granite

cYgabbroc
Al
granite

¼ ½Y gabbro$½Algranite$
½Algabbro$½Y granite$

ð9Þ

To our knowledge, there are no experimental data on
the activity of the investigated trace elements in silicate
melts. For the purpose of this study we assume that they
are similar in both melts involved, and thus cancel out. Fur-
thermore, we assume that the transmuted major element
Al3+ does not partition significantly between the two, i.e.

Dgabbro=granite
Al is considered to be ' 1 (e.g. Veksler et al.,

2006), leaving the right hand side of Eq. (9) reduced to
the original definition of the partition coefficient D (Eq.
(1)) as

Kexc ( Dgabbro=granite
Y ¼ ½Y gabbro$

½Y granite$
ð10Þ

This means that we directly approximate the partition
coefficient with the equilibrium constant Kexc. To compare
our calculations to experimental results, we scale Kexc from
the temperatures of the thermodynamic integrations to
experimental temperatures using Eq. (8) and keep DGexc

constant. The results of the scaled partition coefficients
are summarized in Table 3, column 5 (Dest), together with
experimental data (Dexp) and the corresponding experimen-
tal temperature (T exp) in columns 6–7. Considering all
assumptions and methodical uncertainties the classical
MD results for Y and La are in reasonable agreement with
experimental data, predicting not only the right direction of
partitioning but also the correct order of magnitude, close
the experimental uncertainty.

The first-principles simulations on the other hand show
a different picture. Two independent simulations of the sys-
tem gabbro - granite containing Y, despite having been
integrated from the same initial configurations as the classi-
cal MD, show partition coefficients close to one. Transmu-
tation of a system containing As on the other hand shows
both the correct order of magnitude and partitioning
behavior (enrichment in granite). The simulation of the
Ti-bearing silicate melts points in the correct direction

Table 3
Thermodynamic integration results from classical and first-principles MD. T exc is the temperature of the transmutation, DGexc the calculated
change in free energy and Kexc the corresponding equilibrium constant (which is equal to the theoretical high temperature partition coefficient
Dexc). Dest is the corresponding estimated (see text) partition coefficient at experimental temperatures ðT expÞ. Dexp are experimental coefficients
derived from the corresponding literature. In classical simulations, super denotes that the transmutation has been done using a 2 ) 2 ) 2
supercell (up to 856 atoms).

Melt pair & element T exc (K) DGexc (kJ/mol) Kexc ðDexcÞ Dest Dexp T exp (K)

classical MD
gab/gra Y 2500 * 26 3.4 8 9.3(18)b 1450
gab/gra Ysuper 2500 * 29 4.0 10
gab/gra 2Y 2500 * 30 4.2 12
gab/gra 2Ysuper 2500 * 31 4.4 13
gab/gra La 2500 * 24 3.2 7 9.9(19)b 1450

first-principles MD
gab/gra Y a 3000 * 3 1.1 1.2 9.3(18)b 1450
gab/gra Y b 3000 3 0.9 0.8
gab/gra As 3000 29 0.3 0.09 0.086(52)b 1450
asi200/asi280 Y 3000 * 31 3.5 15a ' 502c,a 1400

a Estimate, see text.
b Schmidt et al. (2006).
c Prowatke and Klemme (2005).
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where T is the temperature and R the universal gas con-
stant. The resulting equilibrium constants Kexc are given
in Table 3 (third column). To illustrate the structural
response to the thermodynamic integration within the melt,
we also plot the partial RDF of the transmuted atom for
each intermediate step in the inset in Fig. 2. Between the
two end-members representing the ordinary partial RDF
of Al and Y, there is a gradual transition of the RDF
(and with it, coordination environment) via an intermedi-
ate, theoretical element. The results of the classical simula-
tions for various starting configurations of gabbro and
granite agree well, as they all predict equilibrium constants
of about 4 at 2500 K, no matter whether one or two Y are
transmuted. Also, there seems to be no finite size effect at
least for these transmutations as similar results are obtained
from large cells containing up to 856 atoms (denoted with
super in Table 3). The transmutations based on first-
principles however are less distinct. Two independent trans-
mutations of Y in gabbro and granite both give equilibrium
constants close to one at 3000 K. The arsenic transmutation
gives Kexc ¼ 0:3. The exchange of Al and Y between the two
Ti-bearing silicate melts results in an equilibrium constant
of 3.5 at 3000 K, which suggests preferential partitioning
of Y into the less polymerized melt (asi200, see discussion).

4. DISCUSSION

4.1. Predicting trace element partitioning

The equilibrium constant of the exchange reaction Kexc

relates to element concentrations in the involved phases
by taking into account the activity coefficients c (in the case
of melts), giving

Kexc "
cAlgabbroc

Y
granite

cYgabbroc
Al
granite

¼ ½Y gabbro$½Algranite$
½Algabbro$½Y granite$

ð9Þ

To our knowledge, there are no experimental data on
the activity of the investigated trace elements in silicate
melts. For the purpose of this study we assume that they
are similar in both melts involved, and thus cancel out. Fur-
thermore, we assume that the transmuted major element
Al3+ does not partition significantly between the two, i.e.

Dgabbro=granite
Al is considered to be ' 1 (e.g. Veksler et al.,

2006), leaving the right hand side of Eq. (9) reduced to
the original definition of the partition coefficient D (Eq.
(1)) as

Kexc ( Dgabbro=granite
Y ¼ ½Y gabbro$

½Y granite$
ð10Þ

This means that we directly approximate the partition
coefficient with the equilibrium constant Kexc. To compare
our calculations to experimental results, we scale Kexc from
the temperatures of the thermodynamic integrations to
experimental temperatures using Eq. (8) and keep DGexc

constant. The results of the scaled partition coefficients
are summarized in Table 3, column 5 (Dest), together with
experimental data (Dexp) and the corresponding experimen-
tal temperature (T exp) in columns 6–7. Considering all
assumptions and methodical uncertainties the classical
MD results for Y and La are in reasonable agreement with
experimental data, predicting not only the right direction of
partitioning but also the correct order of magnitude, close
the experimental uncertainty.

The first-principles simulations on the other hand show
a different picture. Two independent simulations of the sys-
tem gabbro - granite containing Y, despite having been
integrated from the same initial configurations as the classi-
cal MD, show partition coefficients close to one. Transmu-
tation of a system containing As on the other hand shows
both the correct order of magnitude and partitioning
behavior (enrichment in granite). The simulation of the
Ti-bearing silicate melts points in the correct direction

Table 3
Thermodynamic integration results from classical and first-principles MD. T exc is the temperature of the transmutation, DGexc the calculated
change in free energy and Kexc the corresponding equilibrium constant (which is equal to the theoretical high temperature partition coefficient
Dexc). Dest is the corresponding estimated (see text) partition coefficient at experimental temperatures ðT expÞ. Dexp are experimental coefficients
derived from the corresponding literature. In classical simulations, super denotes that the transmutation has been done using a 2 ) 2 ) 2
supercell (up to 856 atoms).

Melt pair & element T exc (K) DGexc (kJ/mol) Kexc ðDexcÞ Dest Dexp T exp (K)

classical MD
gab/gra Y 2500 * 26 3.4 8 9.3(18)b 1450
gab/gra Ysuper 2500 * 29 4.0 10
gab/gra 2Y 2500 * 30 4.2 12
gab/gra 2Ysuper 2500 * 31 4.4 13
gab/gra La 2500 * 24 3.2 7 9.9(19)b 1450

first-principles MD
gab/gra Y a 3000 * 3 1.1 1.2 9.3(18)b 1450
gab/gra Y b 3000 3 0.9 0.8
gab/gra As 3000 29 0.3 0.09 0.086(52)b 1450
asi200/asi280 Y 3000 * 31 3.5 15a ' 502c,a 1400

a Estimate, see text.
b Schmidt et al. (2006).
c Prowatke and Klemme (2005).
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where T is the temperature and R the universal gas con-
stant. The resulting equilibrium constants Kexc are given
in Table 3 (third column). To illustrate the structural
response to the thermodynamic integration within the melt,
we also plot the partial RDF of the transmuted atom for
each intermediate step in the inset in Fig. 2. Between the
two end-members representing the ordinary partial RDF
of Al and Y, there is a gradual transition of the RDF
(and with it, coordination environment) via an intermedi-
ate, theoretical element. The results of the classical simula-
tions for various starting configurations of gabbro and
granite agree well, as they all predict equilibrium constants
of about 4 at 2500 K, no matter whether one or two Y are
transmuted. Also, there seems to be no finite size effect at
least for these transmutations as similar results are obtained
from large cells containing up to 856 atoms (denoted with
super in Table 3). The transmutations based on first-
principles however are less distinct. Two independent trans-
mutations of Y in gabbro and granite both give equilibrium
constants close to one at 3000 K. The arsenic transmutation
gives Kexc ¼ 0:3. The exchange of Al and Y between the two
Ti-bearing silicate melts results in an equilibrium constant
of 3.5 at 3000 K, which suggests preferential partitioning
of Y into the less polymerized melt (asi200, see discussion).

4. DISCUSSION

4.1. Predicting trace element partitioning

The equilibrium constant of the exchange reaction Kexc

relates to element concentrations in the involved phases
by taking into account the activity coefficients c (in the case
of melts), giving

Kexc "
cAlgabbroc

Y
granite

cYgabbroc
Al
granite

¼ ½Y gabbro$½Algranite$
½Algabbro$½Y granite$

ð9Þ

To our knowledge, there are no experimental data on
the activity of the investigated trace elements in silicate
melts. For the purpose of this study we assume that they
are similar in both melts involved, and thus cancel out. Fur-
thermore, we assume that the transmuted major element
Al3+ does not partition significantly between the two, i.e.

Dgabbro=granite
Al is considered to be ' 1 (e.g. Veksler et al.,

2006), leaving the right hand side of Eq. (9) reduced to
the original definition of the partition coefficient D (Eq.
(1)) as

Kexc ( Dgabbro=granite
Y ¼ ½Y gabbro$

½Y granite$
ð10Þ

This means that we directly approximate the partition
coefficient with the equilibrium constant Kexc. To compare
our calculations to experimental results, we scale Kexc from
the temperatures of the thermodynamic integrations to
experimental temperatures using Eq. (8) and keep DGexc

constant. The results of the scaled partition coefficients
are summarized in Table 3, column 5 (Dest), together with
experimental data (Dexp) and the corresponding experimen-
tal temperature (T exp) in columns 6–7. Considering all
assumptions and methodical uncertainties the classical
MD results for Y and La are in reasonable agreement with
experimental data, predicting not only the right direction of
partitioning but also the correct order of magnitude, close
the experimental uncertainty.

The first-principles simulations on the other hand show
a different picture. Two independent simulations of the sys-
tem gabbro - granite containing Y, despite having been
integrated from the same initial configurations as the classi-
cal MD, show partition coefficients close to one. Transmu-
tation of a system containing As on the other hand shows
both the correct order of magnitude and partitioning
behavior (enrichment in granite). The simulation of the
Ti-bearing silicate melts points in the correct direction

Table 3
Thermodynamic integration results from classical and first-principles MD. T exc is the temperature of the transmutation, DGexc the calculated
change in free energy and Kexc the corresponding equilibrium constant (which is equal to the theoretical high temperature partition coefficient
Dexc). Dest is the corresponding estimated (see text) partition coefficient at experimental temperatures ðT expÞ. Dexp are experimental coefficients
derived from the corresponding literature. In classical simulations, super denotes that the transmutation has been done using a 2 ) 2 ) 2
supercell (up to 856 atoms).

Melt pair & element T exc (K) DGexc (kJ/mol) Kexc ðDexcÞ Dest Dexp T exp (K)

classical MD
gab/gra Y 2500 * 26 3.4 8 9.3(18)b 1450
gab/gra Ysuper 2500 * 29 4.0 10
gab/gra 2Y 2500 * 30 4.2 12
gab/gra 2Ysuper 2500 * 31 4.4 13
gab/gra La 2500 * 24 3.2 7 9.9(19)b 1450

first-principles MD
gab/gra Y a 3000 * 3 1.1 1.2 9.3(18)b 1450
gab/gra Y b 3000 3 0.9 0.8
gab/gra As 3000 29 0.3 0.09 0.086(52)b 1450
asi200/asi280 Y 3000 * 31 3.5 15a ' 502c,a 1400

a Estimate, see text.
b Schmidt et al. (2006).
c Prowatke and Klemme (2005).
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❖ molecular dynamics: structural insights corroborate EXAFS data, 
i.e. Y bonding in melts changes with polymerization
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❖ Melt compressibility changes with composition and P
Compilation of datasets, refs in de Grouchy et al.  EPSL 2017
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Sanloup  Chem. Geol. 2016

change from tetrahedral to octahedral at higher pressure. They
suggested that crystal/melt partition coefficients for these ele-
ments would decrease by an order of magnitude under lower man-
tle conditions due to the change in local melt structure.

A change in melt structure with pressure is also reported in
more mafic melt (e.g., forsterite). At ambient pressure, forsterite
melt is composed of MgO4, MgO5, MgO6 polyhedras which form
network structure with interstitial SiO4 tetrahedra and Si2O7 di-
mers (Kohara et al., 2004). Wilding et al. (2012) investigated the
pressure dependence of the local structure of a silicate melt whose
with a composition close to that of forsterite (62 mol% MgO,
38 mol% SiO2) using in-situ high pressure experiments. They re-
ported that the mean coordination number of Mg increased from
4.6 at ambient pressure to 5.6 at 8.6 GPa. This means that the
MgO4 site decreases and MgO6 site increases with pressure. This
change in M–O polyhedra is similar to that in the albite melt re-
ported by Keppler and Rubie (1993).

Van Westrenen et al. (2000) showed the effect of the local melt
structure changes on tri-valent PC–IR diagrams in garnet melt sys-
tems by theoretical calculations using the General Utility Lattice
Program (GULP; Gale, 1997). They hypothesized local structures
that resemble J2O3 (oxide) and J3Al5O12 (garnet) in silicate melt
coexisting with garnet. They showed that calculated partition coef-
ficients between silicate melt with the garnet-like site and garnet
are more consistent with experimental data than those between
silicate melt with the oxide-like site and garnet. Accordingly, they
proposed that the presence and structure of coexisting silicate melt
influenced partition coefficients and the absolute values of r0 and E.
Therefore, we have to consider the effect of the local melt structure
on the changes in partition coefficients.

In order to consider the melt structure effect on partition coef-
ficients, we apply the lattice strain model to melt employing a very
simple assumption that the size of sites in the melt is equal to
those of olivine. The free energy by strain in the melt, DGmelt

strain, is
then written as:

DGmelt
strain ¼ 4pEmeltNA

r0

2
ðri # r0Þ2 þ

1
3
ðri # r0Þ3

! "
; ð8Þ

where Emelt is the Young’s modulus of a site in the melt and r0 is the
optimum size of the site in olivine. Using this equation, the lattice
strain model of Blundy and Wood (1994) is expanded as:

Di & ðP; T;XÞ ¼ D0ðP; T;XÞ

' exp
# 4pNA

RT
ðEolivine # EmeltÞ

r0

2
ðri # r0Þ2 þ

1
3
ðri # r0Þ3

! "# $
:

ð9Þ

where Eolivine is the Young’s modulus of the M-site in olivine.
ðEolivine # EmeltÞ in Eq. (9) corresponds to E in Eq. (2). In this formu-
lation, decreasing E with pressure equates to decreasing
ðEolivine # EmeltÞ. When Eolivine is constant with pressure (Hazen and
Finger, 1982), Emelt will increase with pressure. In other words,
the M-site in the melt becomes ‘harder’ with pressure.

The observed change in the apparent Young’s modulus of the
M-site of olivine (see Table 6), implies that Emelt at 10 GPa would
amount to 1/4 Ecrystal. Calculations were also made assuming that
r0 in the melt structure is different from r0 in the crystal. Essen-
tially the same conclusion was obtained when the difference in
r0 is small (<5%). On the other hand, the parabola cannot be fitted
when the difference in r0 is large (>10%).

Although our model is still primitive (in that it assumes an iden-
tical site size between melt and crystal), it is important to note that
our model predicts that the effect of the melt structure becomes
increasingly important for element partitioning at very high pres-
sures. Further investigations on the pressure dependence of parti-

tion coefficients between crystal and silicate melt, involving wider
pressure ranges, are necessary.
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This first compression stage can be tracked by following the first
sharp diffraction peak (FSDP) on the structure factor, S(q) where q is
the scattering vector, obtained by normalizing X-ray diffraction data.
The FSDP is an indicator of the intermediate range order in non-
crystalline materials. It is linked to density oscillations of periodicity
2π/qmax, where qmax is the position of the FSDP (Salmon, 1994), which
in the case of silicatemeltsmay be associatedwith the voids population.
This periodicity ranges from a minimum of 4.2 Å for SiO2 glass room P
down to 2.86Å formolten basalt at 5 GPa. The position of the FSDP shifts
rapidly with pressure up to 5 GPa (Fig. 4), and especially in the first
2 GPa. This rapid shift illustrates the collapse of voids, likely related to
the diffusion of SiO2 tetrahedral units under pressure. It is indeed note-
worthy that viscosity similarly decreases with pressure in the 0–5 GPa
range but mostly within the first 2 GPa. This is the case for all silicate
melts though much more markedly for siliceous compositions (see
(Wang et al., 2014; Spice et al., 2015) for a compilation of viscosity
measurements on magmas). This first compression regime is specific
of melts unlike cold compressed glasses, for which the FSDP shift with
pressure is much slower (Fig. 4). However, if the glass is heated up to
the glass transition temperature, then the pressure behaviour is similar.
Having a similar structure to that of melts, relaxed glasses are thus
good analogues for their bulk properties, and quenched glasses
from high P–T melts may preserve the densification as suggested by
(Malfait et al., 2014c).

In terms of bulk modulus, this low P domain is characterized by KT,0

values ranging between 15 and 35 GPa (Fig. 5). Good agreement is
observed between X-ray absorption and sink–float experiments carried
out below 10GPa. The concentration of topological voids increaseswith
the SiO2 content of the melt, hence the observed trend in compressibil-
ity (inverse of the bulk modulus, KT), with siliceous magmas being
more compressible than basic magmas as previously pointed out
(Seifert et al., 2013; Wang et al., 2014).

This domain is themost interesting one not only in terms of applica-
tion to present-day magmatism as 5 GPa is near the deepest zone from
which magmamay rise to the surface, but also because it is the domain
on which magmas are most compressible and most sensitive to the
water content. The partial volume of water in silicate melts strongly di-
minishes at low P andmuch less so above 5 GPa (Agee, 2008; Sakamaki
et al., 2009; Malfait et al., 2014a). Hence below 5 GPa is the domain
where magmas properties change most.

3.2. Increase of coordination number: main elements Si, Mg, Fe, Al, Ca

Si and Al coordination changes from 4 to 6 in glasses have been
revealed respectively between 10 GPa and 40 GPa (Meade et al., 1992)
for SiO2 using in situ X-ray diffraction, and from 5 to 15 GPa using
NMR spectroscopy on glasses synthesized at high P (Yarger et al.,
1995). 27Al and 29Si NMR spectroscopy have since been applied to a
variety of glasses synthesized up to 12 GPa (see (Lee et al., 2012) and
references therein). In situ measurements on melts showed that the

Fig. 3. Density of molten basalt (full symbols) obtained by different methods compared to
the density of crystalline basalt (empty symbols). Experimental data onmelts: dark green
squares (X-ray absorption, (Crépisson et al., 2014)), grey squares (X-ray absorption,
(Sakamaki et al., 2013)), red squares (sink–float, 1673 K, (Fujii, 1978)), light green
square (sink–float, 1673 K, (Agee, 1998)), light blue square (sink–float, 2573 K,
(Ohtani and Maeda, 2001)), yellow squares (sink–float, T = 2473–2573 K, (Sakamaki
et al., 2010a)), black squares (X-ray diffraction, 2735 K, (Sanloup et al., 2013b)),
brown squares (shock-wave isentrope, T0 = 1673 K, (Rowan, 1993)), brown curve
(shock-wave, compression of An36–Di64 applied to basalt, (Rigden et al., 1984)), dot
dash brown line (shock-waves, compression of An3–Di64 applied to basalt, (Asimow and
Ahrens, 2010)). Theoretical calculations: dark blue square (molecular dynamics (Guillot
and Sator, 2007)), red curve (compression of anorthite applied to basalt, (de Koker,
2010)), orange curve (compression of diopside applied to basalt, (Sun et al., 2011)).
Data on crystalline assemblages: pink line (eclogite, 1973 K, (Aoki and Takahashi,
2004)), blue line (eclogite, 1873 K, (Litasov et al., 2004)), purple squares (in situ X-ray
diffraction on crystallized basalt, 2050 K (Perrillat et al., 2006)), black squares (in situ
X-ray diffraction on crystallized basalt, T = 1750–2290 K, (Hirose et al., 2005)).

Fig. 4. Tracking densification of melts structure through the evolution of the first sharp
diffraction peak (FSDP). Data for basalt are from Drewitt et al. (2013); Crépisson et al.
(2014); Sanloup et al. (2013b) by order of increasing pressure, data for SiO2 glass are
from Inamura et al. (2004); Benmore et al. (2011); Sato and Funamori (2010).

Fig. 5. Isothermal bulk modulus, KT,0 vs SiO2 content. Only dry compositions are plotted,
and data that were fitted with very high K′ values (above 7) were discarded in order to
be able to compare KT,0 values. Red points (sink–float): komatiite–fayalite (32% SiO2

from Agee (2008)), peridotite (38% SiO2 from Agee (1998)), komatiite (42.5% SiO2 from
Agee (1998)), basalt (52% SiO2 from Agee (1998)). Green points (sink–float): peridotite
(40.8% SiO2 from Sakamaki et al. (2010b)), basalt (53.7% SiO2 from Ohtani and Maeda
(2001)). Black points (X-ray absorption): basalt (50.6% SiO2 from Crépisson et al.
(2014)), phonolite (67.9% SiO2 from Seifert et al. (2013)), andesite (67.9% SiO2

from Malfait et al. (2014a)), rhyolite (84.6% SiO2 from Malfait et al. (2014b)).
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❖ Exploring melt structure under pressure
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❖ Structure of liquids from angle dispersive X-ray diffraction

Radial distribution functions, g(r), describe the short range order: first interatomic distances 
(up to 5 Å) and coordination numbers

g(r)

r

1

0

Diffuse scattering from liquids
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An-D: Fe-free basalt analogue

HPG: Fe-free granite analogue

Lu-O coordination changes:
1) as a function of melt composition
2) as a function of P in basalt at 4-5 GPa

CN=6

CN=8

❖ Melt compressibility changes with P
❖ Trace elements local environment may change with P

de Grouchy et al.  EPSL 2017
Radial distribution functions
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❖ REE affected at different P threshold

Draper et al. PEPI 2003

SEM image SiO2 glass monolayer

Huang et al. Nano Lett. 2012

❖ Potentially linked to collapse of voids  
in the silicate melt structure

Influence of melt structure on partitioning

⇒  Melt structure strongly influences element 
partitioning

⇒  DREE decrease with P, for  garnet: DLu/DHf → 1
⇒ Decoupling of the Sm/Nd and Lu/Hf systems 



❖ REE affected at different P threshold

Influence of melt structure on partitioning

⇔ Decoupling of the Sm/Nd and 
Lu/Hf systems at high P 

H Rizo et al. Nature 2012

Næraa et al
 Nature 2012

Hf

Nd

Different information from 
Nd and Hf isotopes

 on early crust formation

4.0                         3.5                        3.0    (Gyr) 



Crystal/melt Fe partitioning

❖ basalts enrichment (and consequent easier to detect basalts/eclogites at depth)
❖ spin transition in deep mantle

Problem with Fe: off the trend for 
olivine/melt
1463 K - 1 bar

Beattie  Min. Mag. 1994



Crystal/melt Fe partitioning
❖ Continental lithosphere, colder but depleted in Fe ⇒ stabilized

❖ Dense LLSVP, Fe enriched ⇒ stabilized



Crystal/melt Fe partitioning

❖ Fe behaviour during partial melting

Presnall AGU self book, from Bowen 1935

⇒ Partial melting of the mantle 
produces Fe-rich melts

   



❖ Reminder: pressure also increases MgO content

Crystal/melt Fe partitioning



Crystal/melt Fe partitioning

❖ Fe behaviour during partial melting, effect of garnet at the residue

Lee AGU shelfbook 2006



Crystal/melt Fe partitioning

❖ Fe behaviour during partial melting persists in 
the lower mantle: no effect of the spin transition

Andrault et al. Nature 2012
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❖ Fe/Mg behaviour during partial 
melting: indicator of melting T

Herzberg&Gazel Nature 2009
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❖ Fe/Mg behaviour during partial melting: indicator of melting T

Herzberg&Gazel Nature 2009
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❖ Fe crystal chemistry: 2+Fe, 3+Fe

❖ 2+Fe: hexovalent in minerals, 3+Fe: tetravalent in minerals

Hedenbergite (Fe,Ca)2Si2O6
Fayalite Fe2SiO4
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Drewitt et al. PRB 2013

Molten Fe2SiO4 Molten (Fe,Ca)SiO3

❖ Fe crystal chemistry: 2+Fe, 3+Fe
❖ 2+Fe: hexovalent in minerals, 3+Fe: tetravalent in minerals

❖ 2+Fe: either IV or VI in melts (and possibly V)

Molten basalt
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❖ Fe crystal chemistry: 2+Fe, 3+Fe
❖ 2+Fe: hexovalent in minerals

❖ 2+Fe: either IV or VI in melts (and possibly V)

crystal-field splitting (“10Dq”) of the 3d orbitals of Fe(II),
(convoluted with, among other contributions, the probability of
the presence of dipolar vs. quadrupolar transitions: Westre et
al., 1997). The separation between the two components in-
creases from 1.5 eV for Td local symmetry (tetrahedral, as in
staurolite) to 2.1 eV for Oh local symmetry (octahedral, as in
siderite) (see Table 2a), which is consistent with the expected
lower 10 Dq for Td vs. Oh point symmetry. The splitting for
5-coordinated Fe(II) is !1.7 eV for C3v (as in Fe(II)-bearing
grandidierite: Farges, 2001). The splitting observed in the ferro-
silicate glasses (! 1.1–1.5 eV) also suggests the presence of Fe(II)
in sites with Td-like point symmetry. In addition, the relative
amplitudes of these two pseudo-Voigt components are too large to
be consistent with distorted octahedral geometry. This is because
any distortion tends to increase the intensity of the second, high-
energy component (compare, e.g., the pre-edge of the Fe K-
XANES spectra of siderite and fayalite in Fig. 3B) so that both
pre-edge components tend to have comparable intensities, as
observed for the Fe K-XANES pre-edge spectra in numerous
structures such as olivine, fayalite, hypersthene, hedenbergite,
enstatite, and hornblende (Wilke et al., 2001). Based on this
pre-edge information (pre-edge centroid position, integrated
area, and components separation), only local symmetries such
as Td (as in staurolite) and C3v (trigonal bipyramid, as in
grandidierite) (or mixtures of both geometries) are consistent
with the measured pre-edge features obtained for our ferrosili-
cate glasses. However, the presence of minor amounts of 6-co-
ordinated Fe(II) cannot be excluded from these spectra alone.

The main-edge region of the Fe K-XANES spectra (features
B-D in Fig. 3C) arises mostly from final state single- and multiple-
scattering photoelectron processes around Fe (Paris and Tyson,
1994; Westre et al., 1997; Wu et al., 1999; Wilke et al., 2001;

Bugaev et al., 2004). In silicate glasses, where the medium-range
structure is more disordered than in crystalline silicates, the edge
region arises mostly from Fe-O contributions, including features
related to single- and multiple-scattering (features C and D, re-
spectively, in Fig. 3C). More ordered medium-range environments
around Fe can also contribute to feature D to make it as intense as
feature C, as observed commonly in Fe-bearing silicate glasses
quenched from melts at moderate quench rates (!102 degrees/s;
Wilke et al., 1999). From the relatively low intensity of feature D
in the XANES spectra of our glasses, it is inferred that there is no
significant medium-range ordering around Fe, which might have
been the case if the quench rates had been slower or if the glasses
were poorly homogenized (Wilke et al., 1999).

3.2.2. Extended X-ray absorption fine
structure spectroscopy

Figure 5 shows the normalized EXAFS spectra and their
Fourier transforms. The results of the least-squares fitting pro-
cess are given in Table 3, including the average Fe(II)-O bond
distances [d(Fe-O)], a Debye-Waller factors ("!2), and an
anharmonic parameter "C3. The average anharmonic d(Fe-O)
for the ferrosilicate glasses of this study range from 1.97 Å to
2.07 Å. The refined number of nearest neighbors (NN) ranges
between 4.0 and 5.7 and are roughly consistent with the aver-
age Fe-O distances refined. Based on average d(Fe(II)-O) mea-
sured in various well-known model compounds, the average
NN of Fe(II) varies linearly with d(Fe(II)-O) as predicted by
the following equation : # NN$ % & 18.2 ' 11.28 (
d(Fe(II)-O) (R2 % 0.93). Using this equation to estimate
# NN$ for our glasses, we obtain values ranging from 3.9 )
0.2 [for d(Fe(II)-O) % 1.97 ) 0.02 Å] to 5.1 ) 0.2 [for
d(Fe(II)-O) % 2.07 ) 0.02 Å], which are also in reasonable
agreement with the refined NN numbers except for LI2. Thus,
Fe(II) is present dominantly in 4- and 5-coordinated environ-
ments (on the average). Also, there is no evidence of a mixture
of 4- and 6-coordinated Fe(II), in agreement with pre-edge
information.

3.3. UV-Vis-NIR Spectroscopy

The UV-Vis-NIR data (see Fig. 6 and Table 4) exhibit
intense absorption in the range 8100–9200 cm& l and weak
absorption (# 10% of the area of 8100–9200 cm& l features)
near 5000 cm& l. In crystalline silicates and oxides containing
Fe(II) in low-distortion octahedral coordination environments,
absorption near 9200 cm& l has traditionally been assigned to a
T2g ¡ Eg electronic transition associated with octahedrally
coordinated Fe(II). In similar phases, absorption near 5000
cm& l has traditionally been assigned to an E ¡ T2 electronic
transition associated with tetrahedrally coordinated Fe(II)
(Burns, 1985, 1993; Rossman, 1988; Rossman and Taran,
2001). The concentration of an absorbing cation on a particular
site (c) is related to absorption (A) by: c % A/"x, in which " is
the molar extinction coefficient and x is the sample thickness.
From optical absorption studies of crystalline phases with
known thicknesses and concentrations of Fe(II) in specific sites,
" is found to be !100 L/mol-cm for Fe(II) in tetrahedral
coordination and !1–10 L/mol-cm for Fe(II) in octahedral
coordination (Burns, 1993; Rossman and Taran, 2001). Using

Fig. 4. Pre-edge information for various model compounds with 4-,
5-, and 6-coordinated Fe(II) and Fe(III) (as well as selected binary
mechanical mixtures of these compounds) vs. the glasses of this study
(solid squares). This plot was modified after Wilke et al. (2001) by
adding the information on the seven ferrosilicate glasses from the
present study.

4322 W. E. Jackson et al.

Jackson et al. GCA 2005

XANES on glasses

Fig. 3. Fe K-edge XANES spectra for the glasses and model compounds. (A) Normalized XANES spectra for selected
model compounds (respectively: staurolite, grandidierite, fayalite, siderite, Fe:LiAlO2, yoderite, andradite, and acmite;
ferrous-bearing in black, ferric-bearing in gray; see text for details), showing their pre-edge (labeled A). (B) Normalized
pre-edge spectra for selected model compounds for Fe(II) (black) and Fe(III) (gray) in 4- (“stau” and “FeLi”), 5- (“gran”
and “yode”), regular 6-coordinated (“side” and “andr”), and distorted 6-coordinated (“faya” and “acmi”) environments. A1
and A2 are the pre-edge centroid positions for Fe(II) and Fe(III), respectively. (C) Normalized XANES spectra for the
glasses of this study. (D) Normalized pre-edge features for the glasses of this study, showing their deconvolution into
Gaussians (dashed lines) centered around A1 (indicative of ferrous iron), except for RB2 glass where a significant
contribution (!10 atom %) arising from ferric iron (centered around A2) is detected.

4320 W. E. Jackson et al.
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Elardo&Shahar Nat. Geo. 2017

❖ Fe bonding in crystals vs melts, consequences on isotope fractionation: 
basalts are enriched in heavy Fe isotopes



Conclusions
❖ F. Albarède, Geochemistry (2009): “It remains a great challenge to predict the 

chemical properties of elements at very great depths”

❖ crystal-chemistry of element substitution well described

❖ melt ‘crystal-chemistry’ remains to be adequately modeled, matters at high pressure

partition coefficients for the three experiments are identical
(Fig. 4). It seems therefore, the substitution of Sc or Ti as a
possible charge-balancing mechanism has no observable ef-
fect on noble gas incorporation or partitioning in forsterite.
The similarity of noble gas partitioning in olivine for differ-
ent compositions is also supported by the data of Brooker
et al. (1998) and Parman et al. (2005), who showed for Ar
and He, respectively, that ol/meltDi is similar for both Fe-
free (and Ti-free) and Fe-bearing (±Ti) olivines, even
though the latter might be expected to have a high concen-
tration of vacancies associated with Fe3+.

Our observations suggest that RB588A yields the most
representative noble gas ol/meltDi since this sample exhibits
the largest crystal pit volumes (121% of that of the glass
pit). Olivine–melt partition coefficients for He, Ne, Ar,
Kr, and (Xe) at 0.1 GPa are 0.00017(13), 0.00007(7),
0.0011(6), 0.00026(16), and 0:0006ðþ9Þ

ð$ 6Þ, respectively. The
respective cpx/meltDi values are 0.0002(2), 0.00041(35),
0.0011(7), 0.0002(2), and 0:0002ðþ3Þ

ð$ 2Þ. If we include only
‘‘positive’’ individual D values in the calculation, the result-
ing average min/meltDi values represent maximum values.
The differences between the preferred and the maximum
min/meltDi values for olivine and clinopyroxene, summarised
in Table 4, are small and well within the uncertainties,
indicating that the method used to calculate the average
min/meltDi values is robust. Within uncertainty, the cpx/meltDi

values are identical to the olivine values (see below). Our
data thus imply that noble gas partitioning is similar for
both major mantle minerals clinopyroxene and olivine.

3.4. Influence of fluid inclusions on noble gas mineral–melt
partition coefficients

Noble gas abundances for ablated pits in crystals that
were deliberately targeted as containing fluid inclusions
(Fig. 3C, pit K7), are several orders of magnitude higher
than those measured in crystals without inclusions,
resulting in extremely variable min/meltDi up to %1
(Fig. 5). For example, in RB587B, K8, two or three bub-
bles were sufficient to produce min/meltDi above 1, indicat-
ing apparently compatible behaviour (Fig. 5). This effect
can be quantified by considering a spherical gas bubble
with a diameter of 5 lm. At a partial Ar pressure of
27 MPa, as used in the experiments, one bubble in a
crystal contains about 4 · 10$ 9 cm3 STP Ar and thus
yields a much higher Ar abundance than the standard
pit we used to measure noble gas composition in the
glass, 60 · 60 · 4 lm (2 · 10$ 10 cm3 STP Ar). The contri-
bution of fluid inclusions to the noble gas analyses can
be independently identified from the noble gas abun-
dance pattern, since inclusions are enriched in heavy no-
ble gases with respect to the light ones (Fig. 5). The
same approach can be used to evaluate the potential
influence of the dark spots (&500 nm diameter) detected
in olivine crystals, assuming them to be gas bubbles as
discussed in Section 3.1. In comparison to the bubbles
mentioned above they would have contributed about

1000 times less noble gas to a crystal analysis if ablated.
At our experimental conditions a 500 nm bubble would
contain 3.6 · 10$ 12 cm3 STP Ar and 3.2 · 10$ 12 cm3

STP Kr. If such a bubble were opened during a crystal
analysis, it would result in an apparent ol/meltDAr of
0.026 and ol/meltDKr of 0.094. The result would therefore
be a strong enrichment in heavy noble gases in the
min/meltDi vs. gas atomic radius pattern even at a very
low concentration level. This is opposite to the observed
pattern in these experiments. Since the olivine–melt par-
tition coefficients given here follow DAr > DKr P (DXe)
we can exclude bubble contamination as a major source
of error in our analyses. This ‘‘bubble effect’’ may, how-
ever, account for the high min/meltDi values increasing
with atomic mass reported by other authors (Broadhurst
et al., 1992; Shibata et al., 1994). Adsorption of noble
gases on finely ground powders will also promote errone-
ously high min/meltDi values together with enrichments in
heavy noble gases (Ozima and Podosek, 2002), and could
also account for the trends in data reported by Broad-
hurst et al. (1992) who used an olivine grain size of
&10 lm (Fig. 5).

4. Discussion

4.1. Noble gas solubilities in melt

The noble gas melt solubilities measured in our syn-
thetic glass compositions (Table 4) agree with reported

Fig. 5. A comparison of noble gas olivine–melt partition coefficients
obtained from analyses of uncontaminated, ‘‘pure’’ olivine (solid circles,
RB588A) with analyses of olivine that were contaminated by gas bubbles
(half-filled circles). Olivine analyses contaminated by gas bubbles (K8 in
RB587B, K5 in RB587F, K4 in RB588B) result in apparent noble gas
partition coefficients that are four to six orders of magnitude larger
depending on the number of gas bubbles. Note, that the heavy noble gases
are preferentially distributed into the gas phase. For comparison literature
partitioning data are given: Broadhurst et al. (1990, 1992) (horizontally
hatched); Shibata et al. (1994) (diagonal hatched); Hiyagon and Ozima
(1986) (dark grey). The first two of these studies show clear evidence for
contamination either by fluid inclusions or by adsorption. The Hiyagon
and Ozima study points to a contamination by glass due to imperfect
separation indicated by the rather parallel translation of the pure olivine
pattern.
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