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Figure 15. Isentropes of a model pyrolite composition computed with our
method.

which shows that the gradient increases with increasing temperature
at a given pressure. The sense of curvature of the isentropes is also
easily rationalized from eq. (48) and the following comparison
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so that along a given isentrope, the gradient diminishes with increas-
ing pressure because KS increases more rapidly than T on compres-
sion: for mantle materials typical values are K ′ ∼ 4 > γ ∼ 1.5. The
value of γ also decreases on compression, further contributing to
the negative curvature. Isentropes are deflected at phase transfor-
mations according to the Verhoogen effect (Verhoogen 1965): the
temperature increment is related to the latent heat of transformation.

The phase diagram of whole rock mantle compositions is an es-
sential element of mantle convection models and our interpretation
of seismological mantle structure. We apply our method to the com-
putation of the phase diagram of a six-component pyrolite model of
the MORB source region (Workman & Hart 2005) (Fig. 16). Along
the self-consistently computed 1600 K isentrope, the phase diagram
reveals the familiar transitions from plg- to sp- to gt-bearing peri-
dotite, the transitions among the olivine polymorphs (ol, wa, ri)
and the formation of assemblages dominated by pv at lower mantle
conditions. The phase diagram is shaded according to the density of
the assemblage at ambient conditions. Using the ambient density,
rather than the density at pressure and temperature serves to high-
light the contributions of phase transformations and variations in
phase composition to the physical properties of the mantle (Akaogi
& Akimoto 1977). For example, the increase in zero pressure den-
sity with increasing pressure within the ol+gt+cpx+opx field is
due mostly to pressure induced variations in the equilibrium com-
position of the garnet phase as it absorbs the MgSiO3 component
from the pyroxenes. The variation with pressure of the composition
of gt, opx and cpx in peridotites is further illustrated in Fig. 4, which
shows that the shear modulus of garnet is also significantly affected
by variations in equilibrium composition. The zero pressure shear
modulus of garnets varies by 10 per cent over the range of com-
positions expected in the mantle, a change in the shear modulus

comparable to the change caused by changing the temperature by
1000 K or the pressure by 7 GPa.

The computed diagram highlights an important feature of mantle
phase equilibria that has not been widely recognized (Fig. 16).
Akaogi & Akimoto (1979) showed that, along typical mantle
geotherms, mantle phase equilibria in much of the upper mantle
and transition zone could be described in terms of two subsystems
that couple weakly: (1) the olivine subsystem, consisting of olivine
and its higher-pressure polymorphs and (2) the residuum, consist-
ing of all phases other than the olivine polymorphs, and including
gt, opx, cpx and capv. In this picture, the two subsystems can be
studied separately, greatly simplifying the design of phase equi-
librium experiments. Coupling due to Mg–Fe partitioning between
the two subsystems does not depend strongly on pressure, although
it does have an important influence on the width of phase trans-
formations, with important implications for understanding mantle
discontinuities (Stixrude 1997; Irifune & Isshiki 1998). We find
that the division of whole rock compositions into two subsystems
applies only to a narrow range of temperatures about the typical
geotherm defined by the 1600 K isentrope. This range is bounded
at lower temperatures by the appearance of st via the reaction

2MgSiO3(gt) ↔ Mg2SiO4(wa, ri) + SiO2(st) (50)

and at higher temperature by the appearance of fp via

Mg2SiO4(wa, ri) ↔ MgSiO3(gt) + MgO(fp). (51)

These reactions are apparent in the end-member MgSiO3 and
Mg2SiO4 phase diagrams (Fig. 9) and are shifted in pressure and
temperature in the whole rock composition by the influence of other
components. The fp-forming reaction is shifted to lower tempera-
ture by the addition of Al2O3, which tends to stabilize gt, and the
st-forming reaction is shifted to higher temperature by the addition
of FeO, which tends to stabilize ri+st at the expense of gt. Exper-
imental studies on whole rock peridotite compositions have also
found evidence for gt+fp-bearing assemblages at high tempera-
ture (Hirose 2002), and st-bearing assemblages at low temperatures
(Irifune & Ringwood 1987).

The variation of the shear wave velocity of pyrolite along the
1600 K adiabat illustrates the influence of phase transformations
on mantle structure (Fig. 17). Substantial jumps in velocity occur
over narrow depth ranges near 410, 520, 660 and 2610 km depth,
associated with the ol = wa, wa = ri, ri = pv+fp and pv = ppv

reactions, respectively. The enhanced velocity gradient from 660 to
790 km depth, due to the dissolution of gt into pv, is also a feature
of many global seismological models (Dziewonski & Anderson
1981). A smaller velocity jump occurs at the opx=hpcpx transition
and broader velocity increases are associated with transitions from
plg- to sp- to gt-bearing perdotite assemblages in the upper 100
km. A further velocity jump near 790 km depth is unlikely to be
realistic. This feature is associated with a gt= cf reaction that is
unlikely to exist in the mantle as pv, rather than cf will become
the dominant Na-bearing phase in pyrolite compositions, while cf
dominates in basaltic compositions. We have not yet included a Na-
bearing pv species in our model because experimental constraints on
its properties are essentially non-existent. Other than the appearance
of cf , our computed phase diagram is consistent with experimental
phase equilibrium data (Irifune 1994; Irifune & Isshiki 1998).
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Figure 15. Isentropes of a model pyrolite composition computed with our
method.

which shows that the gradient increases with increasing temperature
at a given pressure. The sense of curvature of the isentropes is also
easily rationalized from eq. (48) and the following comparison
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so that along a given isentrope, the gradient diminishes with increas-
ing pressure because KS increases more rapidly than T on compres-
sion: for mantle materials typical values are K ′ ∼ 4 > γ ∼ 1.5. The
value of γ also decreases on compression, further contributing to
the negative curvature. Isentropes are deflected at phase transfor-
mations according to the Verhoogen effect (Verhoogen 1965): the
temperature increment is related to the latent heat of transformation.

The phase diagram of whole rock mantle compositions is an es-
sential element of mantle convection models and our interpretation
of seismological mantle structure. We apply our method to the com-
putation of the phase diagram of a six-component pyrolite model of
the MORB source region (Workman & Hart 2005) (Fig. 16). Along
the self-consistently computed 1600 K isentrope, the phase diagram
reveals the familiar transitions from plg- to sp- to gt-bearing peri-
dotite, the transitions among the olivine polymorphs (ol, wa, ri)
and the formation of assemblages dominated by pv at lower mantle
conditions. The phase diagram is shaded according to the density of
the assemblage at ambient conditions. Using the ambient density,
rather than the density at pressure and temperature serves to high-
light the contributions of phase transformations and variations in
phase composition to the physical properties of the mantle (Akaogi
& Akimoto 1977). For example, the increase in zero pressure den-
sity with increasing pressure within the ol+gt+cpx+opx field is
due mostly to pressure induced variations in the equilibrium com-
position of the garnet phase as it absorbs the MgSiO3 component
from the pyroxenes. The variation with pressure of the composition
of gt, opx and cpx in peridotites is further illustrated in Fig. 4, which
shows that the shear modulus of garnet is also significantly affected
by variations in equilibrium composition. The zero pressure shear
modulus of garnets varies by 10 per cent over the range of com-
positions expected in the mantle, a change in the shear modulus

comparable to the change caused by changing the temperature by
1000 K or the pressure by 7 GPa.

The computed diagram highlights an important feature of mantle
phase equilibria that has not been widely recognized (Fig. 16).
Akaogi & Akimoto (1979) showed that, along typical mantle
geotherms, mantle phase equilibria in much of the upper mantle
and transition zone could be described in terms of two subsystems
that couple weakly: (1) the olivine subsystem, consisting of olivine
and its higher-pressure polymorphs and (2) the residuum, consist-
ing of all phases other than the olivine polymorphs, and including
gt, opx, cpx and capv. In this picture, the two subsystems can be
studied separately, greatly simplifying the design of phase equi-
librium experiments. Coupling due to Mg–Fe partitioning between
the two subsystems does not depend strongly on pressure, although
it does have an important influence on the width of phase trans-
formations, with important implications for understanding mantle
discontinuities (Stixrude 1997; Irifune & Isshiki 1998). We find
that the division of whole rock compositions into two subsystems
applies only to a narrow range of temperatures about the typical
geotherm defined by the 1600 K isentrope. This range is bounded
at lower temperatures by the appearance of st via the reaction

2MgSiO3(gt) ↔ Mg2SiO4(wa, ri) + SiO2(st) (50)

and at higher temperature by the appearance of fp via

Mg2SiO4(wa, ri) ↔ MgSiO3(gt) + MgO(fp). (51)

These reactions are apparent in the end-member MgSiO3 and
Mg2SiO4 phase diagrams (Fig. 9) and are shifted in pressure and
temperature in the whole rock composition by the influence of other
components. The fp-forming reaction is shifted to lower tempera-
ture by the addition of Al2O3, which tends to stabilize gt, and the
st-forming reaction is shifted to higher temperature by the addition
of FeO, which tends to stabilize ri+st at the expense of gt. Exper-
imental studies on whole rock peridotite compositions have also
found evidence for gt+fp-bearing assemblages at high tempera-
ture (Hirose 2002), and st-bearing assemblages at low temperatures
(Irifune & Ringwood 1987).

The variation of the shear wave velocity of pyrolite along the
1600 K adiabat illustrates the influence of phase transformations
on mantle structure (Fig. 17). Substantial jumps in velocity occur
over narrow depth ranges near 410, 520, 660 and 2610 km depth,
associated with the ol = wa, wa = ri, ri = pv+fp and pv = ppv

reactions, respectively. The enhanced velocity gradient from 660 to
790 km depth, due to the dissolution of gt into pv, is also a feature
of many global seismological models (Dziewonski & Anderson
1981). A smaller velocity jump occurs at the opx=hpcpx transition
and broader velocity increases are associated with transitions from
plg- to sp- to gt-bearing perdotite assemblages in the upper 100
km. A further velocity jump near 790 km depth is unlikely to be
realistic. This feature is associated with a gt= cf reaction that is
unlikely to exist in the mantle as pv, rather than cf will become
the dominant Na-bearing phase in pyrolite compositions, while cf
dominates in basaltic compositions. We have not yet included a Na-
bearing pv species in our model because experimental constraints on
its properties are essentially non-existent. Other than the appearance
of cf , our computed phase diagram is consistent with experimental
phase equilibrium data (Irifune 1994; Irifune & Isshiki 1998).
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variously termed oceanic plateau basalts (Polat and Kerrich, 2000)
and non-arc basalts (Herzberg et al., 2010) in order to distinguish
them from the less common arc-like basalts in greenstone belts that
show variable depletions in the high field strength elements (Polat
and Kerrich, 2000). The primary magma compositions of these com-
mon non-arc basalts of mostly Paleoproterozoic and Archean ages
are given in Table A1 of the Appendix in Herzberg et al. (2010), and
are shown in Fig. 2. The primary magmas that gave rise to these ba-
salts contained 17–24% MgO, similar to primary magmas of basalts
from the Ontong Java Plateau (Herzberg and Gazel, 2009). As dis-
cussed below, mass balance with respect to fertile peridotite shows
that these primary magmas of non-arc basalts are complementary
to harzburgite residues of cratonic mantle.

There are two very different geodynamic settings in which to pro-
duce primary magmas with 17–24% MgO. In the Phanerozoic Earth,
such magmas are suggested to form in hot mantle plumes
(Herzberg and Asimow, 2008; Herzberg and Gazel, 2009; Herzberg
et al., 2007); the Ontong Java Plateau is a good example. In the ancient
Earth, similar magmas are expected to form from melting of hot am-
bient mantle (Fig. 2). Without more information, it would not be pos-
sible to distinguish between these differing interpretations. However,
TP inferred from petrological modeling of non-arc basalts with well-
defined Archean and Proterozoic ages is similar to TP inferred from

thermal models of ambient mantle for an Earth having a present-
day low Urey ratio (Fig. 3a; Korenaga, 2003, 2008a, 2008b;
Herzberg et al., 2010). This confluence of petrological and thermal
modeling, while not in perfect agreement (Fig. 3a), indicates that
there is no need to explain the origin of ancient non-arc basalts by
melting in mantle plumes.

The compositions of the complementary residues of the primary
magmas of ambient mantle melting were calculated from solutions
to the mass balance equation, and results are shown in Figs. 1a, 2, 4
and 5. In all cases it was assumed that the initial source composition
was similar to fertile peridotite KR-4003 (Herzberg, 2004; Walter,
1998), for which melt fractions were obtained using PRIMELT2
software (Herzberg and Asimow, 2008). These melt fractions (0.30–
0.45; Fig. 3d), together with primary magma compositions of non-
arc basalts, were given in Table A1 of the Appendix in Herzberg et
al. (2010). As shown in Fig. 2, calculated residue compositions of
non-arc basalts are indistinguishable from residues of on- and off-
craton peridotite for MgO, FeO, CaO, and SiO2, and these are mostly
harzburgite (Fig. 1a). Inferred residues of non-arc basalts are some-
times slightly higher in Al2O3, a misfit that arises due to some Archean
basalts having low Al2O3 (Fig. 2b). Possible explanations for the Al2O3

misfits are: 1) plagioclase is a common phenocryst phase, and the pri-
mary magma calculation will be compromised if the lavas were
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Fig. 3. Temporal variations in ambient mantle potential temperature and primary magma compositions of non-arc basalts. Closed circles are primary magma for non-arc basalts
from Appendix 1 in Herzberg et al. (2010). Panels a) and b) are slightly modified from Herzberg et al. (2010) to exclude komatiites. Panels c) and d) show primary magma FeO
contents and melt fractions, from Appendix A in Herzberg et al. (2010). Secular variations in ambient mantle potential temperature TP are from Korenaga (2008a, 2008b) for a
present-day Urey ratio (Ur(0)) of 0.23±0.15. The weight% MgO content of a primary magma is related to TP by: TP(°C)=1463+12.74MgO−2924/MgO (Herzberg and Asimow,
2008); MgO contents along the Urey ratio curves were thus calculated using Tp from Korenaga (2008a, 2008b). The weight% FeO content of a primary magma is also related to TP
(Langmuir et al., 1992), and primary magma solutions in Appendix A of Herzberg et al. (2010) yield: FeO (wt%)=0.01368TP−11.43; FeO contents along the Urey ratio curves were
thus calculated using Tp from Korenaga (2008a, 2008b). Melt fraction F is related to FeO/MgO of the primary magma (Herzberg and Asimow, 2008), and primary magma solutions
in Appendix A of Herzberg et al. (2010) permit values along the Urey ratio curves to be obtained from: F=1.456−2.189(FeO/MgO). Uncertainties in residue composition stem from
uncertainties in initial source composition, which is assumed to be fertile peridotite, and primary magma compositions. Uncertainties in primary magma MgO compositions are ±2%
(Herzberg et al., 2010). The principle uncertainties in primary magma FeO contents stem from the assumption of FeO/FeOT=0.9; addition of olivine in PRIMELT2 modeling contributes
little uncertainty to primary magma FeO contents.
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on the right-hand side represent respectively the effects of secular
cooling, latent heat, gravitational energy and radiogenic heating. The
cooling rate, expressed in degrees per billion years, can be varied
together with the radiogenic heating to produce some desired outcome:
a fixed mantle heat flux, a marginal dynamo (no entropy left for ohmic
dissipation, Es), or a primordial inner core (by decreasing the cooling
rate and increasing the radiogenic heating). Results for a suite of 11
models are shown in Table 2.

Model 1 fails as a dynamo. There is an entropy deficit, meaning the
assumption that the whole core can convect is incorrect—the temper-
ature gradient must fall below the adiabat to balance the entropy
equation. A dynamo might still be possible with a large part of the
core completely stratified. Model 2 demonstrates the efficiency of
compositional convection: the entropy is greatly increased compared
to model 1 with no change in cooling rate and little increase in heat
flux; the dynamo is now marginal. Model 3 has an increased cooling

rate and consequent younger inner core to demonstrate what is
required for a marginal dynamo with Dr 5 0.6 g cm23. Models 4
and 5 have cooling rates that make the CMB thermally neutral; the
CMB heat flux is equal to that conducted down the adiabat. Models 6
and 7 have some radiogenic heating and the original cooling rate and
operate as dynamos, although they are still thermally stable at the top of
the core. Models 8–11 have cooling rates that yield old inner-core ages,
3.5 and 4.5 Gyr, and the radiogenic heating has been adjusted to make a
marginal dynamo. They are also thermally stable at the top of the core.

We estimate stable layer thicknesses by computing the radial vari-
ation of thermal and compositional gradients for each model using the
equations of a previous study (ref. 20, Methods), which are derived from
the equations of core energetics5. To compare thermal and chemical
gradients, we multiply the latter by the ratio of compositional and
thermal expansion coefficients ac/aT, thereby converting compositional
effects into equivalent thermal effects. The base of the stable layer is
defined as the point where the stabilizing adiabatic gradient, T 0a, crosses
the combined destabilizing gradient, T 0~T 0LzT 0szT 0czT 0r, where the
terms represent respectively latent heat, secular cooling, compositional
buoyancy and radiogenic heating.

Stable layer thicknesses are hundreds of kilometres in all models
except those with cooling rates that are so rapid as to make the inner
core too young; without compositional buoyancy the layers in all
models except 4 and 5 span half the core (Table 2). Radiogenic heating
thins the layers for the same cooling rate. Profiles of stabilizing and
destabilizing gradients (Fig. 2) show that destabilizing gradients are
greatest at depth, but much reduced compared to previous models20

because they each depend on a factor 1/k. The thermal conductivity
increases by 50% across the core, increasing the heat conducted down
the adiabat at depth and further reducing the power available to drive
convection near the base of the outer core. Combined thermochemical
profiles suggest that compositional buoyancy near the top of core is not
strong enough to drive convection against the adverse temperature
gradient.

Stable layers could be thinned or partially disturbed by convection,
through penetration or instability, or some other effect not included in
our simple model. A potentially more effective mechanism for inducing
vertical mixing near the CMB is through lateral variations in CMB heat
flux, which can drive motions without having to overcome the gravita-
tional force. The presence of lateral variations makes the relevant heat
flux for core mixing the maximum at the CMB21, which could be as
much as 10 times the average22; this does not influence dynamo entropy
calculations but does allow magnetic flux to be carried to the surface in
regions of cold mantle, as is observed23.

As well as raising k, our calculations also raise s to about twice the
current estimate. Two important quantities depend on s: the magnetic
diffusion time (the time taken for the slowest decaying dipole mode to
fall by a factor of e in the absence of a dynamo) and the magnetic
Reynolds number Rm, which measures the rate of generation of
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Figure 1 | Electrical and thermal conductivity of iron at Earth’s outer core
conditions. a–c, Electrical conductivity, s (a), and electronic component of
thermal conductivity, k (b), of pure iron corresponding to the three outer-core
adiabatic profiles (adiabats) displayed in c. Black lines, adiabat corresponding
to the melting temperature of pure iron at ICB pressure; red lines, that of the
mixture containing 10% Si and 8% O; and blue lines, that of the mixture with
8% Si and 13% O. Lines are quadratic fits to the first principles raw data
(symbols). Error bars (2 s.d.) are estimated from the scattering of the data
obtained from 40 statistical independent configurations. Results are obtained
with cells including 157 atoms and the single k-point (1/4,1/4,1/4), which are
sufficient to obtain convergence within less than 1%.

Table 1 | Parameters used to estimate power requirements for the
geodynamo
Dr TICB TCMB kICB kCMB sICB (3106) sCMB (3106) O S/Si

0.6 5,700 4,186 150 (223) 100 (144) 1.25 (1.56) 1.11(1.36) 8 10
0.8 5,500 4,039 150 (215) 100 (140) 1.24(1.57) 1.11(1.37) 13 8

Values in parenthesis are for pure iron, other values are approximations for core mixtures. Units are
g cm23 for the ICB density jump,Dr; K for the temperatures, T; W m21 K21 for the thermal conductivity,
k; V21 m21 for the electrical conductivity, s; % for molar concentrations.

Table 2 | Heat flux and entropy for various models of cooling and
radiogenic heating

Model Dr dT0/dt h Qad QCMB IC age Es D

1 0.6 46 0 15.7 5.8 0.9 2111 1,022
2 0.8 46 0 15.2 6.1 1.0 5 826
3 0.6 57 0 15.7 7.2 0.7 22 833
4 0.6 123 0 15.7 15.6 0.3 652 110
5 0.8 115 0 15.2 15.2 0.4 865 0
6 0.6 46 3.0 15.7 11.7 0.9 85 659
7 0.8 46 3.0 15.2 11.9 1.0 208 468
8 0.6 11.2 6.8 15.7 14.7 3.5 23 1,257
9 0.6 8.7 6.9 15.7 14.5 4.5 21 1,472

10 0.8 12.2 6.3 15.2 13.7 3.5 4 1,000
11 0.8 9.5 6.6 15.2 14.1 4.5 2 1,128

Here Dr is the density jump at the ICB in g cm23; dT0/dt the cooling rate of the CMB in K Gyr21; h the
radiogenic heat source in pW kg21; Qad 5 24pk(dTad/dr) is the heat conducted down the adiabat in TW
where dTad/dr is the adiabatic gradient; QCMB is the heat flux across the CMB in TW; Es is the entropy
available for the dynamo and other diffusive processes in MW K21. Inner core (IC) age is shown in Gyr;
stable layer thicknesses, D, are given in kilometres below the CMB.
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